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Abstract

We invert the Martian tidal response and mean mass and moment of inertia for chemical
composition, thermal state, and interior structure. The inversion combines phase equilibrium computations
with a laboratory-based viscoelastic dissipation model. The rheological model, which is based on
measurements of anhydrous and melt-free olivine, is both temperature and grain size sensitive and
imposes strong constraints on interior structure. The bottom of the lithosphere, defined as the location
where the conductive geotherm meets the mantle adiabat, occurs deep within the upper mantle
(∼200–400 km depth) resulting in apparent upper mantle low-velocity zones. Assuming an Fe-FeS
core, our results indicate (1) a mantle with a Mg# (molar Mg/Mg+Fe) of ∼0.75 in agreement with
earlier geochemical estimates based on analysis of Martian meteorites; (2) absence of bridgmanite- and
ferropericlase-dominated basal layer; (3) core compositions (15–18.5 wt% S), core radii (1,730–1,840 km),
and core-mantle boundary temperatures (1620–1690∘ C) that, together with the eutectic-like core
compositions, suggest that the core is liquid; and (4) bulk Martian compositions with a Fe/Si (weight ratio)
of 1.66–1.81. We show that the inversion results can be used in tandem with geodynamic simulations to
identify plausible geodynamic scenarios and parameters. Specifically, we find that the inversion results are
largely reproducible by stagnant lid convection models for a range of initial viscosities (∼1018 – 1020 Pa s)
and radioactive element partitioning between crust and mantle around 0.01–0.1. The geodynamic models
predict a mean surface heat flow between 15 and 25 mW/m2 .

1. Introduction
Knowledge of the internal constitution of the planets is crucial to our understanding of the origin and evolution of the solar system. Major constraints can be placed on planetary accretion, diﬀerentiation, and mantle
evolution from knowledge of bulk chemical composition (e.g., Taylor, 1999). By far the largest insights into the
physical structure of the Earth have come from geophysical analyses, and seismology in particular. However,
the dearth of geophysical data pertinent to the interior of other planets has made this approach less instructive and a significant part of current knowledge on mantle and bulk composition of the terrestrial planets
derives from geochemical/cosmochemical and isotopic analyses of rocks and primitive solar system material
(e.g., Drake & Righter, 2002; Palme & O’Neill, 2003; Righter et al., 2006; Ringwood, 1979; Taylor, 1980; Taylor
et al., 2006).
For Mars, an increasing amount of observations, both in situ and from laboratory analyses of Martian meteorites and cosmochemical material, have become available (e.g., Norman, 1999; Taylor, 2013). Geodetic data
in the form of Doppler observations obtained from ranging to orbiting and landed spacecraft (Viking, Mars
Pathfinder, Mars Global Surveyor, Mars Odyssey, and Mars Reconnaissance Orbiter) over more than a decade
resulted in the recognition that Mars has a relatively thick crust (average thickness of 50 km) and an Fe-rich
possibly liquid core (e.g., Bills et al., 2005; Folkner et al., 1997; Genova et al., 2016; Konopliv et al., 2006, 2011,
2016; Lainey et al., 2007; Neumann et al., 2004; Yoder et al., 2003). In addition, data and results from geophysical
modeling and mantle convection studies that bear on interior structure (e.g., Baratoux et al., 2014; Elkins-Tanton
et al., 2003; Grott & Breuer, 2008; Hauck & Phillips, 2002; Khan & Connolly, 2008; Kiefer & Li, 2009; Mocquet et al.,
2011, 1996; Neumann et al., 2004; Plesa et al., 2015; Rai & Westrenen, 2013; Rivoldini et al., 2011; Ruedas et al.,
2013a; Sohl & Spohn, 1997; Verhoeven et al., 2005; Wieczorek & Zuber, 2004; Williams & Nimmo, 2004; Yoder
et al., 2003) have allowed us to refine our understanding of planetary processes from a Martian vantage point;
yet much remains to be understood. Among others, how well do we really know the composition of Mars
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and its core size and state, and how can current estimates be improved? Does Mars contain the terrestrial
equivalent of a lower mantle layer, and what is its role in the evolution of the core?
The aim of this study is to reassess and possibly improve current constraints on Mars’s bulk composition and
thermal state from inversion of the available geophysical data (mean mass and moment of inertia, global tidal
dissipation, and magnitude of tidal response). To this end we will build upon our previous work (e.g., Khan
et al., 2007) to (1) invert diﬀerent geophysical data sets directly for compositional and thermal parameters and
combine this with (2) a method for computing tidal dissipation within a planet using the laboratory-based
grain size- and frequency-dependent viscoelastic model of Jackson and Faul (2010). The main point is to
link the dissipation model, which is based on laboratory experiments on anhydrous melt-free polycrystalline
olivine, with thermodynamic phase equilibrium computations in order to self-consistently compute geophysical responses that can be compared directly to observations. This approach has a number of advantages:
(1) It anchors temperature, composition, dissipation, and discontinuities that are in laboratory-based forward
models; (2) it permits the simultaneous use of geophysical inverse methods to optimize profiles of physical
properties (e.g., shear modulus, dissipation, and density) to match geophysical data; and (3) it is capable of
making quantitative predictions that can be tested with the upcoming Mars InSight mission to be launched
in May 2018 (Banerdt et al., 2013) (InSight will emplace a seismometer, a heat flow probe, and a geodetic
experiment on Mars) and/or tested against results and data from other studies (e.g., geodynamical simulations of planet evolution, petrological analyses of Martian meteorites, and orbit-imaged surface chemistry and
crustal thickness).
As a means of illustrating these points, we show that the inversion results can be used in combination with
geodynamic simulations to identify plausible geodynamic scenarios and parameters. This coupling of geodynamics and geophysics (e.g., Dannberg et al., 2017) has the advantage that it anchors geodynamic models
in geophysically constrained results. These simulations, based on the StagYY code (Tackley, 2008), explicitly
consider grain size evolution and suggest that stagnant lid convection is capable of explaining the various
observables (crustal and lithospheric thickness and present-day grain size and mantle temperatures) assuming reasonable initial estimates of viscosity, radioactive element partitioning, and initial temperature field. The
models are also able to predict the present-day mean surface heat flow, which can be compared to surface
observations to be made with InSight (e.g., Plesa et al., 2016).
In the following we discuss constraints that derive from geochemical and cosmochemical analyses and
summarize previous geophysical analyses that bear on the interior of Mars (section 2); enumerate the
geophysical data employed in the present analysis and detail the computation of crust, mantle, and core properties (section 3) and numerical modeling aspects of solving the forward and inverse problem posited here
(section 4); and, finally, describe and discuss results.

2. Background
2.1. Geochemical Perspective
Our knowledge on the chemistry of the Martian mantle and core originates to a large extent from the chemical
and isotopic compositions of a class of basaltic meteorites that are believed to be fragments ejected from the
Martian surface on meteoritic impacts and collectively known as SNC meteorites (Shergottites, Nahklites, and
Chassignites) (e.g., McSween, 1985, 1994), hereinafter referred to as Martian meteorites. A key argument for
this hypothesis is the concentration of entrapped gases within shergottite meteorites that match the values
measured for the Martian atmosphere by the Viking mission (Bogard et al., 2001). The Martian meteorites also
exhibit relatively young crystallization ages (Stolper & McSween, 1979). Shergottites have ages in the range of
170–600 Ma (McSween & McLennan, 2014, and references therein), which require a suﬃciently large planet
as parent body because it is physically implausible, due to thermal constraints, to maintain magmatic activity
on asteroid-sized bodies so late in the solar systems history.
Diﬀerent lines of arguments have been used to derive the chemical composition of the Martian mantle and
core from the chemical compositions of the Martian meteorites. These can be categorized in two general
groups that consider (1) the abundance of refractory elements in the Martian meteorites (Dreibus & Wänke,
1984, 1985; Halliday et al., 2001; Longhi et al., 1992; Taylor, 2013) and (2) oxygen isotope systematics (Burbine
& O’Brien, 2004; Lodders & Fegley, 1997; Sanloup et al., 1999). Common to both approaches is the notion that
Mars is considered to have accreted from diﬀerent material which condensed from the solar nebular, including
highly volatile-depleted and reduced components and oxidized, volatile-rich condensates.
KHAN ET AL.

MARS’S BULK COMPOSITION

2

Journal of Geophysical Research: Planets

10.1002/2017JE005371

Exemplary of the first line of arguments was the approach of Dreibus and Wänke (hereafter DW model)
(Dreibus & Wänke, 1984, 1985, 1987). The DW model has become the standard model for Mars and has served
as reference in many subsequent studies (e.g., Bertka & Fei, 1997; Bertka & Holloway, 1994; Collinet et al.,
2015; Matsukage et al., 2013). The essence of this model lies in the assumption that Mars accreted heterogeneously from two diﬀerent cosmochemical reservoirs, that is, a highly reduced component during the early
stages, followed by the addition of oxidized, volatile-rich material during the final stages of accretion. The
reduced component is assumed to have CI-chondritic element abundances that are more refractory than Mn,
that is, elements having higher condensation temperatures than this element, whereas the late stage oxidized component is entirely CI-chondritic. Thus, a central tenet inherent of the DW model is that refractory
elements follow CI-chondritic proportions. Chemical analyses of the Martian meteorites known at that time
indicated that their Mn content is close to CI-chrondritic; thus, this element became key to the bulk chemical
composition of Mars. To derive the composition of the mantle, fractionation trends that occur during igneous
processes are invoked, which allow conclusions about the Shergottites source region to be drawn. Recently,
Taylor (2013) reassessed the primitive mantle composition with a similar strategy as DW using a much larger
meteoritic record (∼60 versus 6). For the elements of interest here (major and minor but no trace elements),
the Taylor bulk silicate Mars model is almost identical in terms of elemental concentrations to that of DW.
However, there is considerable diﬀerence in the assumption of the S content of the planet. In the model of
Taylor (2013), the core is significantly more S-rich compared to DW.
Morgan and Anders (1979) derived a chemical composition using a similar methodology as DW, that is, to scale
the concentration of “unknown” to “known” elements (or known elemental ratios) based on volatility trends.
It should be noted that Morgan and Anders (1979) developed their model before the general acceptance
that Martian meteorites originated from Mars and, for example, their known K/U ratio was taken from the
Soviet orbiter Mars 5 mission (Surkov, 1977) with several corrections applied based on various assumptions.
As pointed out by Taylor et al. (2006), the value of K/U and K/Th as a proxy for the proportions of moderately volatile versus refractory elements was later corrected. This likely explains some systematic diﬀerences
between the Morgan and Anders composition and other estimates.
As an illustration of the second approach to derive the Martian bulk composition is to consider the oxygen isotopic systematics of the Martian meteorites (e.g., Lodders & Fegley, 1997; Mohapatra & Murty, 2003;
Sanloup et al., 1999). Oxygen is by far the most abundant element in the silicate proportions of the terrestrial planets, and the Martian meteorites form a fractionation line in a 𝛿 17 O/𝛿 18 O three-isotope plot which is
distinctively diﬀerent from terrestrial or other meteoritic trends. The aforementioned two studies are based
on the assumptions that Mars is the parent body of the Martian meteorites and that their isotopic compositions can be described by mixing diﬀerent classes of meteorites. Based on this, the oxygen isotope
composition of Mars is deduced from mass balancing various meteoritic end-members. The concentrations
of all other elements are then simply defined by the chemical composition and mass fraction of the various meteorite end-member components. Core and silicate mantle compositions are finally deduced from the
total oxygen content and redox equilibria, which leaves a proportion of Fe and the majority of Ni and S in the
metallic core.
The diﬀerences in the models of Lodders and Fegley (1997) and Sanloup et al. (1999) are determined by the
choices of end-member components (meteorite classes) but generally lead to comparable results for major
and minor elements. Lodders and Fegley (1997) invoked three end-members: (1) mean values of reduced
and volatile- depleted H- (ordinary) chondrites; (2) moderately oxidized CV-chondrites; and (3) highly oxidized and volatile-rich CI-chondrites. These end-members span a compositional triangle in the three-isotope
𝛿 17 O/𝛿 18 O diagram around the Martian meteorites. The model of Sanloup et al. (1999) (EH45:H55) is based
on a mixture of two end-members, a mean value of highly reduced EH- (enstatite) chondrites (45%) and a
hypothetical but as yet unsampled H- (ordinary) chondrite component (55%) that is located on an isotopic
fractionation line along with LL-, L-, and H-chondrites. This hypothetical end-member is required to produce
a mixing line with the EH-chondrite component that passes through the Martian meteorite oxygen isotope
mean value.
2.2. Summary of Geochemical Models
To investigate the eﬀect of varying bulk chemical compositions of Mars, we have selected the five possible
bulk compositions discussed above. We consider the compositions proposed by (1) Dreibus and Wänke (1984)
and (2) Taylor (2013) as representative of the CI refractory element approach but with diﬀerent core Fe/S ratios;
KHAN ET AL.
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Table 1
Model Martian Compositions
Morgan and Anders

Dreibus and Wänke

Lodders and Fegley

Sanloup

Taylor

(1979) (MA)

(1984) (DW)

(1997) (LF)

(1999) (SAN)

(2013) (TAY)

SiO2

41.59

44.47

45.39

47.79

43.70

Al2 O3

6.39

2.94

2.89

2.52

3.04

MgO

29.77

30.16

29.71

27.46

30.50

CaO

5.16

2.43

2.36

2.01

2.43

Mantle composition

Na2 O

0.10

0.51

0.98

1.21

0.53

K2 O

0.01

0.04

0.11

—

0.04

TiO2

0.33

0.13

0.14

0.10

0.14

Cr2 O3

0.65

0.77

0.68

0.70

0.73

MnO

0.15

0.51

0.37

0.40

0.44

FeO

15.85

17.89

17.21

17.81

18.10

P2 O5

—

0.17

0.18

—

0.15
78.6a

Core composition
Fe

88.1

77.8

81.1

76.6

Co

0.4

0.4

0.4

0.0

Ni

8.0

7.6

7.7

7.2

S

3.5

14.2

10.6

16.2

P

0.0

0.0

0.2

0.0

SiO2

42.0

44.8

45.7

48.0

Al2 O3

6.9

3.5

3.4

3.0

3.5

MgO

29.9

30.3

29.8

27.5

30.7

21.4

Model mantle composition
44.1

CaO

5.2

2.4

2.4

2.0

2.4

FeO

16.0

18.5

17.6

18.3

18.7

0.1

0.5

1.1

1.2

0.6

Na2 O
Model core composition
Fe

96

86

89

84

79

S

4

14

11

16

21

Average crustal composition
SiO2

50.7

Al2 O3

10.9

MgO

9.2

CaO

7.0

FeO

18.8

Na2 O

3.3

Note. The average crustal composition is that of Taylor and McLennan (2009) assuming a mass fraction of 0.5, which corresponds to a crustal thickness of 50 km.
The average crustal composition applies to all mantle models.
a Taylor (2013) assumes a core composition of Fe + Ni. Molar proportions of other minor oxide components were added to the major components according to
valence and chemical behavior of the cations; for example, the molar amounts of Cr2 O3 and MnO were added to Al2 O3 and FeO, respectively, whereas we ignored
P2 O5 . For the core system the molar proportions of Ni and Co were replaced by Fe. All numbers in weight percent.

(3) the compositions of Lodders and Fegley (1997) and (4) Sanloup (1999) (EH45:H55) as representative of the
oxygen isotope approach; and (5) the composition of Morgan and Anders (1979) despite the fact that some of
the key elemental ratios in that model have been revised. Nevertheless, this model is distinctively diﬀerent in
core composition by being significantly depleted in S by a factor of 3 to 5 compared to other models. Table 1
summarizes the five model compositions. To facilitate treatment, some simplifications to the proposed mantle
KHAN ET AL.
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and core compositions are made; the mantle is considered as a six-component system (CaO, FeO, MgO, Al2 O3 ,
SiO2 , and Na2 O) to be compatible with the thermodynamic database (section 3.3), and the core system
(section 3.5) is reduced to a simple Fe-S binary.
Diﬀerences in the modified bulk silicate Mars compositions (Table 1) become apparent when considering
elemental ratios such as Mg/Si (molar). Mg/Si ranges from 1.07 (near CI-chondritic) to 0.86 between the studies of Morgan and Anders (1979) and Sanloup et al. (1999). These latter studies also show the widest spread
in Mg number (molar Mg/Mg+Fe), which ranges from 0.77 to 0.73. Mg/Si aﬀects the proportions of olivine
(and its polymorphs) and pyroxenes (and garnet), thereby influencing the properties of the mantle. Very similar results in terms of major element ratios are observed for the models of Dreibus and Wänke (1984) and
Lodders and Fegley (1997). The oxygen isotope mass balance method predicts higher alkali concentration,
but this is unlikely to influence calculated mantle phase proportions. In regard to trace and volatile elements,
diﬀerences between the five models are more pronounced. From a geophysical point of view, however, these
diﬀerences are insignificant. We should note that the model compositions shown in Table 1 are input values only; that is, mantle and core composition are parameters to be determined in the inversion. This will be
described in more detail below.
Finally, Borg and Draper (2003) and Agee and Draper (2004) have suggested that the Martian mantle may have
a higher Mg# than the range of compositions described above. However, an alternative bulk Mars composition, reporting elemental concentrations for the core and a high Mg#, that is, low-FeO, bearing mantle has, to
our knowledge, yet to be formulated. The possibility also exists that FeO is not homogeneously distributed
throughout the mantle, as indicated by systematic diﬀerences in the surface distribution of Fe detected by
the gamma ray spectrometer on board Mars Odessey (Taylor et al., 2006). The questions whether alternative
bulk Mars and potentially low-FeO mantle models would satisfy the physical properties of Mars and whether
the mantle is heterogeneous with regard to the distribution of major elements are beyond the scope of
this paper.
2.3. Geophysical Perspective
Geophysical analyses have, for the most part, relied on results obtained from geochemical-cosmochemical
studies with the purpose of predicting the geophysical response of these chemically derived models.
Geophysical and experimental approaches are to a large extent based on the DW model composition with
the goal of determining mantle mineralogy and density. Combined with equation-of-state (EOS) modeling
this allows for determination of a model density profile for the purpose of making geophysical predictions
that can be subsequently compared to observations. The studies by Bertka and Fei (1997, 1998) represent the
experimental approach, while numerical approaches with varying degree of sophistication (forward/inverse
modeling, number of geophysical observations, and parameterized phase diagram/phase-equilibrium computations) are embodied in the studies of Khan and Connolly (2008), Kuskov and Panferov (1993), Longhi et al.
(1992), Mocquet et al. (1996), Rivoldini et al. (2011), Sohl and Spohn (1997), Sohl et al. (2005), Verhoeven et al.
(2005), Wang et al. (2013), and Zharkov and Gudkova (2005). Based on the available geophysical data at the
time (principally the moment of inertia), Bertka and Fei (1998), for example, concluded that the CI chondrite
accretion model for deriving Mars is incompatible with a DW-like mantle composition.
According to the DW model there is evidence for chalcolphile element depletion in the Martian meteorites,
which suggests that the otherwise Fe-Ni-rich core contains a substantial amount of a sulfide component
(S need not be the only alloying element; Zharkov and Gudkova (2005), for example, considered H in addition to S in the core). This observation is important because an alloying element acts to influence the physical
state while simultaneously providing information on core temperature. In this context, there is strong evidence from measurements of the deformation of the planet due to solar tides that Mars’s core or parts of it
are currently liquid (Genova et al., 2016; Konopliv et al., 2016; Yoder et al., 2003) as had been predicted earlier
(Lognonné & Mosser, 1993; Zharkov & Gudkova, 1997). Recent experimental studies of phase relations in the
Fe-S and (Fe,Ni)-S systems at pressure and temperature conditions relevant for the core of Mars (1927∘ C and
40 GPa) also point to an entirely liquid core at present (Rivoldini et al., 2011; Stewart et al., 2007). Core size, state,
and composition are uncertain with current estimates in the range 1,550–1,800 km in radius, 5.9–7.5 g/cm3
in density, and 64–90 wt% FeNi and 10–36 wt% S in composition (cf. Table 5 in Khan & Connolly, 2008; but
see also Rivoldini et al., 2011).
Another important issue directly related to core size is the presence or absence of a lower mantle in Mars, that
is, a mantle dominated by bridgmanite structure silicates. Figure 1 shows that at pressures above ∼23 GPa
KHAN ET AL.
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Figure 1. Examples of Martian mantle phase equilibria and corresponding shear wave speed profiles (solid blue lines) for the DW model Martian mantle
composition (Table 1) along three diﬀerent thermal profiles (dashed red lines): “cold” (left) and “hot” (right) areotherms (dashed lines) are from Verhoeven et al.
(2005), whereas “BF97 areotherm” refers to the thermal conditions of the experimental study of Bertka and Fei (1997). Core radius is fixed to 1,389 km. Phases are
olivine (ol), clinopyroxene (cpx), orthopyroxene (opx), spinel (sp), high-pressure polymorph of cpx (C2/c), garnet (gt), wadsleyite (wad), ringwoodite (ring),
akimotoite (aki), calcium perovskite (ca-pv), ferriperoclase (fp), and bridgmanite (br).

the major lower mantle minerals ferriperoclase and bridgmanite stabilize. However, the stability of these silicates depends strongly on temperature and pressure conditions at the core-mantle boundary (CMB). Large
cores will result in a lower mantle that is either thin or absent altogether, whereas higher temperatures will
tend to stabilize bridgmanite at lower pressures (see Figure 1 and discussion below). The existence of a
bridgmanite-dominated lower mantle is thus sensitive to the physical conditions at the CMB and Fe content
of the core. Small cores tend to be Fe-rich and will favor presence of a lower mantle, whereas large cores will
tend to be enriched in S and inhibit a lower mantle. Beyond this, presence of a lower mantle has implications
for the dynamical evolution of Mars. Several studies have shown that a lower mantle is likely to exert considerable control over the dynamical evolution of mantle and core (e.g., Breuer et al., 1997; Harder & Christensen,
1996; van Thienen et al., 2006). In contrast, midmantle phase transitions are dynamically much less important
and appear unlikely to prevent the entire mantle from convecting as a single unit (Ruedas et al., 2013a).
A related question is the current thermal state of Mars’s interior. While diﬃcult to estimate directly, the
areotherm represents, on a par with mantle and core composition, the most important parameter to be determined because of the fundamental control it exerts on physical structure. This is exemplified in Figure 1,
which shows that phase equilibria, physical properties (here illustrated using shear wave speed), and presence of bridgmanite structure silicates in the lower mantle are very sensitive to the exact thermal conditions
inside the Martian mantle. Current geophysical studies typically approach this problem by assuming examples of cold and hot mantle conditions (e.g., Khan & Connolly, 2008; Longhi et al., 1992; Rivoldini et al., 2011;
Sohl & Spohn, 1997; Sohl et al., 2005; Van Hoolst et al., 2003; Verhoeven et al., 2005; Zharkov & Gudkova,
2005). Likewise, the areotherm considered in the experimental approach of Bertka and Fei (1997) is representative of hot conditions based on the need for achieving thermodynamic equilibrium experimentally. Thus,
while the bulk chemical composition of Mars holds the potential of constraining many aspects of Mars such
as internal structure, origin, and evolution, current constraints are not strong enough to reliably determine
these unequivocally.
KHAN ET AL.
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As observed experimentally (e.g., Jackson et al., 2002; McCarthy et al., 2011; Takei et al., 2014), viscoelastically based dissipation models impose strong constraints on the thermal state of the interior of a planet. This
was tested by Nimmo and Faul (2013), whose model calculations showed that Martian global tidal dissipation, based on an extended Burgers formulation of viscoelasticity (to be described in section 3.4), is not only
strongly temperature controlled but also frequency dependent. Similar conclusions were reached by Bellis
and Holtzman (2014) in an analysis of the sensitivity of seismic wave propagation in a frequency-dependent
anelastic model of Earth’s upper mantle. Here we build upon the study of Nimmo and Faul (2013) and embed
the viscoelastic model into our joint geophysical-thermodynamic framework. This extends previous studies
of, for example, Khan and Connolly (2008) and Rivoldini et al. (2011) to proper consideration of the influence of dissipation on interior structure. In particular, earlier studies had diﬃculty in constraining the thermal
structure of the mantle.

3. Geophysical Analysis
3.1. Background
In the present analysis, we focus on the tide raised on Mars by its moon Phobos and the Sun, which results in
an imposed potential 𝜓 that will cause Mars to deform and give rise to an induced potential 𝜓 ′ according to
( )n+1
R
𝜓n′ (r) =
kn 𝜓n (R, r∗ ),
(1)
r
where R is the radius of the planet, R is a point on the planet’s surface, r is an exterior point above the point R,
while r∗ is the position of the perturbing body. The potentials are expanded in terms of spherical harmonics
of degree n and the proportionality constants, kn , are tidal Love numbers of degree n and determine the
amplitude of the response (e.g., Efroimsky, 2012a).
The above expression (1) for the amended potential of the tidally deformed planet stays valid insofar as the
planet’s response is purely elastic. In this approximation, the tidal bulge raised on Mars by Phobos is aligned
with the direction from the planet’s center toward Phobos, with no lagging. This ensures that both the torque
applied by Phobos on Mars and the opposite torque with which Mars is acting on Phobos are 0.
Hence, in the elastic approximation, the tides on Mars make no influence on Phobos’ semimajor axis,
eccentricity, or inclination, and, as a consequence, no tidal heat is generated in Mars.
Realistic objects deviate from elasticity. So the tidal bulge acquires a complex structure and is no longer aimed
at the perturbing body. Decomposition of the bulge over the tidal Fourier modes renders harmonics, some
of which lag and some advance relative to the subsatellite point. Whatever the sign of the lag, each harmonic
now produces tidal heat. In this situation (following Efroimsky & Makarov, 2014), expression (1) above should
be written, in the time domain, as
( )n+1
R
k̂ n 𝜓n (R, r∗ ),
𝜓n′ (r, t) =
(2)
r
where k̂ n is a linear operator (Love operator) mapping the entire history of the perturbation (𝜓n (t′ ) over t′ ≤ t)

on the value of 𝜓 ′ at the present time t. In the time domain, this is a convolution:
𝜓n′ (r, t) =

( )n+1
R
k̇ n (t − t′ )𝜓n (R, r∗ , t′ )dt′ ,
∫t′ =−∞ r
t

while in the frequency domain it is a product of Fourier components:
( )n+1 (
) (
)
R
𝜓̄ n′ (r, 𝜔nm
)=
k̄ n 𝜔nm
𝜓̄ n R, r∗ , 𝜔nm
,
pq
pq
pq
r

(3)

(4)

𝜔nm
being the Fourier tidal modes (whose absolute values are the physical forcing frequencies exerted in the
pq
material) and {nm
} integers used to number the modes. In the former expression, k̇ n denotes a time derivative,
pq
while in the latter expression, we employ overbars to emphasize that the Fourier components are complex,
that is,
[
]
[
]
′
k̄ n (𝜔′ ) = Re k̄ n (𝜔′ ) + iIm k̄ n (𝜔′ ) = |k̄ n | e−𝜖n (𝜔 ) ,
(5)

where we employed 𝜔′ = 𝜔nm
for shorthand notation. In expression (4), 𝜓̄ n′ (r, 𝜔nm
) is lagging behind
pq
pq
∗
nm
𝜓̄ n (R, r , 𝜔pq ) by the phase angle 𝜖n (𝜔nm
)
,
which
by
convention
is
the
negative
argument
of the complex
pq
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Love number k̄ n (𝜔nm
). By setting r equal to the position r∗ of the perturbing body, we obtain the additional
pq
potential “felt” by the latter (Phobos).
From the above expression, it is also possible to calculate the tidal torque, the radial elevation, and the tidal
, an appropriate Fourier contribution
power dissipated in the planet. It turns out that at each tidal mode 𝜔nm
pq
into each of these quantities is proportional to the sine of the phase lag at that mode (e.g., Efroimsky, 2012a;
Efroimsky & Makarov, 2014). The quantity inverse to the absolute value of this sine is conventionally named
the tidal quality factor and denoted with Qn and defined as
(
)
1
(6)
|.
(
) = sin |𝜖n 𝜔nm
pq
Qn 𝜔nm
pq
The functional form of the frequency dependence of the tidal quality factors is diﬀerent for diﬀerent degrees n
(see, e.g., Efroimsky, 2015). Fortunately, this diﬀerence becomes manifest only at extremely low frequencies.
At ordinary frequencies, these quality factors are very close to the nominal (“seismic”) quality factor Q, which
is usually defined through the relation
𝜕
1
1
=
dt,
Q
2𝜋 ′ ∮ 𝜕t

(7)

where  and  ′ refer to the energy and peak energy over one cycle and the integral is taken over the same.
The expression on the right-hand side of equation (7) turns out to be equal to the absolute value of the sine
of the phase lag between strain and stress (see, e.g., equations (45)–(47) in Efroimsky, 2015). For ordinary
(not too low) frequencies, the tidal phase lag 𝜖 virtually coincides with the phase lag between the strain and
the stress in the material. Accordingly, at not too low frequencies the tidal Qn virtually coincides with the
nominal seismic Q.
In the following, we shall concentrate on the semidiurnal tidal mode for which {nm
} = {22
}; so we shall be
pq
00
dealing with k2 and Q2 (henceforth labeled k2 and Q).
While both k2 and Q depend on interior properties such as density and rigidity, Q is strongly sensitive to
viscosity and, thus, temperature and grain size. This will be described in more detail in section 3.4.
3.2. Geophysical Data
There are currently few geophysical data available that bear directly on the deep interior structure of Mars.
Here we shall focus on mean density (𝜌̂), mean moment of inertia (I∕MR2 ), second-degree tidal Love number
(k2 ), and global tidal dissipation or tidal quality factor (Q). Mean density and moment of inertia are sensitive
to the density structure of the planet, whereas the sensitivity of the second-degree tidal Love number and
global tidal dissipation is more complex.
The geophysical data for Mars employed here are summarized in Table 2 and are discussed in more detail in the
literature (e.g., Balmino et al., 2005; Bills et al., 2005; Genova et al., 2016; Jacobson, 2010; Konopliv et al., 2006,
2011, 2016; Lainey et al., 2007; Marty et al., 2009; Nimmo & Faul, 2013; Rivoldini et al., 2011; Van Hoolst et al.,
2003; Yoder et al., 2003; Zharkov & Gudkova, 2005, 2009, 1997). The k2 estimates determined from orbiting
spacecraft data (e.g., Genova et al., 2016; Konopliv et al., 2006, 2011; Yoder et al., 2003) are consistent with
values ranging from ∼0.13 to 0.175 (except the Marty et al., 2009, determination) and typically refer to the
period of the solar (semidiurnal) tide (12 h 19 min). Current Q estimates range from ∼70 to 110 and indicate
that Mars is more dissipative than the solid Earth (270 ± 80) at the equivalent diurnal period (Ray et al., 2001).
Here we employ the most recent spacecraft-determined value of k2 = 0.169 ± 0.006 by Konopliv et al. (2016).
Independent analysis by Genova et al. (2016) of spacecraft tracking data also resulted in k2 = 0.1697 ± 0.0009.
These values are considered at the solar period. To change to k2 at the main tidal period of Phobos (5.55 h),
consideration of the eﬀect of anelasticity on k2 and Q to account for the proper frequency dependence is
included through the viscoelastic formulation (section 3.4). The resultant changes are found to be ≪1%.
Similar results were also obtained by Zharkov and Gudkova (2005).
To determine the tidal dissipation factor at the period of Phobos, we follow Zharkov and Gudkova (2005) and
relate the mean dissipative factor Q to the tidal lag angle (𝜖 ) using expressions (6) and (7) above
sin 𝜖 ≈ 𝜖 =
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Table 2
Summary of Martian Geophysical Data, Uncertainties, and Sources
Observation

Symbol

Mean density

𝜌̄

Value (±uncertainty)
3.9350 ± 0.0012 g/cm3

Source
Rivoldini et al. (2011)

I/MR2

0.36379 ± 0.0001

Konopliv et al. (2016)

Love number

k2

0.169 ± 0.006

Konopliv et al. (2016)

Dissipation

Q

95 ± 10

Mean radius

R

3,389.5 km

Seidelmann et al. (2002)

Mean mass

M

6.417 ⋅ 1023 ± 2.981 ⋅ 1019 kg

Konopliv et al. (2016)

Mean moment of inertia

This study

Note. k2 and Q are evaluated at the main tidal period of Phobos (5.55 h). The values for the mean moment of inertia and
mass have been updated by Rivoldini using the latest determination of GM for Mars with G = 6.67408(31) 1011 m3 kg s2
(Konopliv et al., 2016).

Relying on parameters relevant to the Mars-Phobos system, as summarized in Yoder, (1995), Zharkov and
Gudkova (2005) find
Q
1
=
= 559.
k2
𝜖k2

(9)

From this expression, we obtain Q ∼ 91–100 at the tidal period of Phobos. This value agrees reasonably well
with the estimates made by Bills et al. (2005), Lainey et al. (2007), Jacobson (2010), Nimmo and Faul (2013),
and Yoder et al. (2003), who determined Qs of 92 ± 11, ∼85, ∼80, ∼83, and 88 ± 16, respectively. In obtaining
these estimates, Bills et al. (2005) used a value for k2 (0.0745) that is too low given current understanding, while
Lainey et al. (2007) and Jacobson (2010) relied on the same k2 value by Konopliv et al. (2006). For comparison,
Nimmo and Faul (2013), who used the Yoder et al. (2003) solar tide k2 value (0.149 ± 0.017), found a 0.6%
change in k2 when converting to the synodic period of Phobos (erroneously referred to as 11.1 h) and obtained
0.148 ± 0.017. To determine Q, Nimmo and Faul (2013) employ the estimate of Lainey et al. (2007) but correct
for the influence of higher-degree terms (k3 and k4 ) on the orbit of Phobos (see discussion below). Assuming
certain ranges for the ratios k2 ∕k3 and k3 ∕k4 , the authors obtain a Q estimate of 88 ± 16. Earlier analyses of
the orbital acceleration of Phobos estimated the tidal Q of Mars to be 100 ± 50 (Lambeck, 1979; Smith & Born,
1976; Yoder, 1982).
Because of the proximity of Phobos to Mars (mean distance 9,378 km), higher-degree terms (e.g., k3 , k4 , …)
appear to be significant for the orbital evolution of Phobos (Bills et al., 2005; Konopliv et al., 2011). Based on
model values of k3 and k4 , Zharkov and Gudkova (2005) and Konopliv et al. (2011) considered the correction
that would be introduced by including higher-order terms and found that this contributes less than 10% to
the tidal deceleration of Phobos. In contrast, Lainey et al. (2007) considered only the degree-2 term, given
that degree-3 and degree-4 terms are not known, and argued that the tidal dissipation factor Q should be
considered as an eﬀective Q that partly absorbs losses from higher harmonics. A reasonable alternative would
be to compensate by increasing the error bars (V. Lainey, personal communication, 2017), as a result of which
of we set Q = 95 ± 10. Additionally, tidal forcing at degree-2 will induce tidal waves at periods other than the
main tide considered here (Roosbeek, 1999). However, the amplitudes of the tidal waves at the other periods
are much smaller. The next largest amplitude in the subdiurnal spectrum, for example, is a factor of ∼7 smaller
than the amplitude of the main Phobos-induced tide at 5.55 h (Van Hoolst et al., 2003). Hence, we neglect
their contribution here.
3.3. Crust and Mantle Model
Following our previous work (e.g., Khan & Connolly, 2008), Gibbs free-energy minimization is employed
(Connolly, 2009) to compute stable mantle mineralogy and physical properties along self-consistent mantle
adiabats for each of the five model mantle compositions listed in Table 1 using the NCFMAS model chemical
system comprising the oxides CaO-FeO-MgO-Al2 O3 -SiO2 -Na2 O. We rely on the thermodynamic formulation
of Stixrude and Lithgow-Bertelloni (2005b) and parameters of Stixrude and Lithgow-Bertelloni (2011). In the
crust and lithosphere, temperature is computed by a linear thermal gradient, which for each model is determined from surface temperature and temperature and thickness of the lithosphere. This assumption implies
that no crustal radioactivity is present. Although this is unlikely to be realistic, crustal structure has little
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influence because the data considered here are not really sensitive to it. As a consequence, the exact nature
of the crustal geotherm is not important. The assumption of thermodynamic equilibrium is debatable at low
temperature (e.g., Wood & Holloway, 1984). As a result, if for a given model a mineralogy at a temperature
below 800∘ C is required, equilibrium mineralogy was computed at 800∘ C, whereas physical properties for
the mineralogy are determined at the actual temperature of interest. The crust is likely to be more complex
lithologically, not equilibrated, and is probably porous. The eﬀect of porosity is taken into account through
a decrease in the seismic properties of the crust. The latter will be described further in section 4.1. The fixed
crustal composition employed here is also summarized in Table 1.
Deficiency of experimental constraints on the parameters relevant for the thermodynamic formalism and
parameterization of Stixrude and Lithgow-Bertelloni (2011) are the major source of uncertainty in the thermodynamic calculations. Elastic moduli and density have been estimated to be accurate to within ∼0.5 and
∼1–2%, respectively (Connolly & Khan, 2016).
3.4. Viscoelastic Model
The dissipation model adopted here is described in detail in Jackson and Faul (2010) and relies on laboratory
experiments of torsional forced oscillation data on melt-free polycrystalline olivine. Broadly similar results
have also been obtained by other groups (e.g., Takei et al., 2014). In what follows we base ourselves on Jackson
and Faul (2010) and only provide a summary description here.
In the Earth, Moon, and Mars, and in the absence of melting, dissipation (Q) has been observed to be frequency
dependent 1∕Q ∼ 𝜔−𝛼 , where 𝜔 is angular frequency and 𝛼 is a constant (e.g., Efroimsky & Lainey, 2007)
that has been observed to lie in the range 0.1–0.4 (e.g., Benjamin et al., 2006; Jackson et al., 2002; Minster &
Anderson, 1981). Since Maxwellian viscoelasticity is unable to reproduce this frequency dependence, other
rheological models (for a review see, e.g., Karato, 2008) such as the extended Burgers model of Jackson and
Faul (2010) have been proposed. Jackson and Faul (2010) argue for the extended Burgers model over other
rheological models because it describes the changeover from (anharmonic) elasticity to grain size-sensitive
viscoelastic behavior, whereby it is able to explain the observed dissipation in the laboratory experiments on
olivine (Jackson & Faul, 2010).
The response of a viscoelastic material can √
be described in terms of the complex frequency-dependent
̂
compliance J(𝜔)
= JR (𝜔) + iJI (𝜔), where i = −1, and subscripts R and I denote real and complex parts,
respectively. For the extended Burgers model of Jackson and Faul (2010), JR (𝜔) and JI (𝜔) can be written as
]
[
𝜏H
D(𝜏)
1
JR (𝜔) =
d𝜏
(10)
1+Δ
∫𝜏L 1 + 𝜔2 𝜏 2
𝜇U
JI (𝜔) =

[
]
𝜏H
𝜏D(𝜏)
1
1
d𝜏
+
𝜔Δ
,
∫𝜏L 1 + 𝜔 2 𝜏 2
𝜇U
𝜔𝜏M

(11)

which is essentially the Laplace transform of the creep function for the extended Burgers model of linear
viscoelasticity (see, e.g., Jackson & Faul, 2010).
In these expressions, 𝜇U represents the unrelaxed, that is, infinite-frequency, shear modulus, 𝜏 period,
𝜏M = 𝜂∕𝜇U Maxwell viscous relaxation time, 𝜂 viscosity, Δ strength of relaxation mechanism, and D(𝜏) distribution of relaxation times. From the above equations,√
local dissipation (1/) and shear modulus
(𝜇 ) at a
√
particular frequency can be computed from 1∕ = |JI |∕ JI2 + JR2 ≈ |JI |∕|JR | and 𝜇(𝜔) = 1∕ JR2 (𝜔) + JI2 (𝜔),
respectively.
The advantage with this model is that D(𝜏) can be used to specify a distribution of anelastic relaxation times
accounting for the monotonic background dissipation (DB ) and the superimposed dissipation peak (DP ) of
elastically accommodated grain boundary sliding (Jackson et al., 2014), in addition to the associated modulus
dispersion (Jackson & Faul, 2010). DB is given by
DB (𝜏) =

𝛼𝜏 𝛼−1
,
𝜏H𝛼 − 𝜏L𝛼

(12)

where 𝜏L and 𝜏H are the integration limits corresponding to short and long periods, respectively. 0 < 𝛼 < 1
for 𝜏L < 𝜏 < 𝜏H and 0 elsewhere with associated relaxation strength ΔB (Minster & Anderson, 1981). In the
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low-frequency limit, JI (equation (11)) reduces to Maxwellian behavior (JI = 1∕𝜔𝜂 ). To model the dissipation
peak DP that appears superimposed on the background, a term of the following form needs to be added
]
[
ln2 (𝜏∕𝜏P )
1
,
DP (𝜏) =
√ exp −
2𝜎 2
𝜏𝜎 2𝜋

(13)

where 𝜏P indicates position of the peak with peak width 𝜎 and associated relaxation strength ΔP . This peak
is found to occur at low temperature and/or short time scales and corresponds to elastically accommodated
grain boundary sliding.
The timescales 𝜏L , 𝜏H , 𝜏M , and 𝜏P are all temperature (T ), pressure (P), and grain-size (dgrain ) dependent, which
for each individual timescale is modeled using
[
𝜏(P, T, dgrain ) = 𝜏0

dgrain
d0

]m
exp

[ (
)]
[ (
)]
E 1
V P P0
1
−
−
exp
,
R T T0
R T T0

(14)

where 𝜏0 is a normalized value at a particular set of reference conditions P0 (0.2 GPa), T0 (900∘ C), and d0
(13.4 μm), and E and V are activation energy and volume, respectively. In addition, diﬀerent grain-size exponents m for anelastic and long-term viscous creep processes are allowed for. All of the above constants are
tabulated in Nimmo et al. (2012) and Nimmo and Faul (2013), except for dgrain , 𝛼 , E , and V , which are considered
variable parameters (see section 4.1).
This model can now be directly linked with the thermodynamic computations in that the latter provides the
unrelaxed (infinite-frequency) shear modulus 𝜇U that appears in the above equations, in addition to P and T
and any other thermodynamic variables needed (all functions of radius). Note that the shear moduli are computed on the basis of thermochemical models of Mars and are constrained by geophysical data, hence the
improvement here over previous studies that had little control over internal structure parameters required as
input (e.g., Bills et al., 2005; Nimmo & Faul, 2013; Nimmo et al., 2012; Sohl & Spohn, 1997; Sohl et al., 2005).
Finally, to compute global frequency-dependent k2 and Q from the model outlined above, we employ the
viscoelastic tidal code of Roberts and Nimmo (2008). This code assumes spherical symmetry and that all
dissipation occurs in shear; for numerical reasons, we imposed a viscosity cutoﬀ of 1029 Pa s.
3.5. Core Model
Mass-radius relations of rocky planets generally require Fe-rich metallic cores alloyed with a light element such
as Si, C, or S (e.g., Birch, 1964; Poirier, 2000). In the case of Mars, it is argued that S is the dominant light element
because the other candidates do not have suﬃcient solubility in iron-rich liquid at the relatively low pressures
that would have been maintained during core formation (e.g., Stevenson, 2001). Evidence in support of this is
the observed depletion of chalcophile elements, notably S, of the SNCs (see section 2.1). Accordingly, an Fe-S
core is generally assumed in geophysical models of Mars. To date, the most elaborate parameterization of the
Martian core (in the Fe-FeS system) is that of Rivoldini et al. (2011). Here we follow Rivoldini et al. (2011) and
assume that Mars’s core is well mixed and convecting. To compute depth-dependent thermoelastic properties
for the core, we use equations of state for liquid iron and liquid iron-sulfur alloys.
Core pressure is obtained from the hydrostatic equation
dP(r)
= −𝜌(r)g(r),
dr

(15)

where r is radius, 𝜌 density, and g gravitational acceleration. g also obeys the Poisson equation
dg(r) 2g(r)
+
= 4𝜋G𝜌(r),
dr
r

(16)

where G is the gravitational constant. For a well-mixed and vigorously convecting core the temperature
gradient is given by
𝛾(r)
dT(r)
= −T(r)
𝜌(r)g(r),
dr
KS (r)
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where 𝛾 is the Grüneisen parameter and KS is adiabatic bulk modulus. These ordinary diﬀerential equations
are solved numerically (Brankin et al., 1993) subject to the following boundary conditions
P(rcmb ) = Pcmb

(18)

T(rcmb ) = Tcmb

(19)

g(0) = 0

(20)

where rcmb , Pcmb , and Tcmb are radius, pressure, and temperature at the CMB, respectively. These quantities on
the mantle side of the CMB are those determined in section 3.3.
The thermoelastic quantities 𝜌, KS , and 𝛾 depend on pressure, temperature, and core composition (S content)
and are calculated using the approach outlined in Appendix A.

4. Computational Aspects
4.1. Model Parameterization
In the following we briefly describe model parameterization, which is illustrated in Figure 2. For present
purposes, we assume our model of Mars to be spherically symmetric and have divided it into three layers comprising crust, mantle, and core. The crust has been further subdivided into an additional three layers that are
parameterized in terms of P and S wave velocity, density, and Moho thickness. Rather than varying VP , VS , and
𝜌 independently in the crust, however, we introduced a variable parameter (𝜙) to mimic the eﬀect of poros′
ity and computed the aforementioned physical properties using xi = xi ⋅ 𝜙i , where xi are thermodynamically
computed VP , VS , and 𝜌 (section 3.3) in crustal layer i. 𝜙i is determined from 𝜙i = 𝜙0 +(1−𝜙0 )⋅i∕N with 𝜙0 being
variable surface porosity and N the total number of crustal layers. This parameterization ensures that crustal
properties increase from the surface down to the Moho where porosity is expected to vanish due to pressure
(i.e., 1 − 𝜙i = 0). Because of the imposed viscosity cutoﬀ (see section 3.4), we fixed shear attenuation in the
conductive regions (crust and upper lithosphere) to 600 based on terrestrial experience. The sublithospheric
mantle is assumed to be uniform and modeled using the variables composition (in the NCFMAS system) and
mantle temperature. Within the lithosphere, temperature is computed by a linear areothermal gradient, which
for each model iteration is determined from the variables Tsurf , Tlit , and dlit . The sublithospheric mantle adiabat is defined by the entropy of the lithology at the temperature Tlit , that is, at the base of the lithosphere
of thickness dlit . The bottom of the lithosphere is defined as the location where the conductive lithospheric
geotherm intersects the mantle adiabat. Since the viscoelastic model (section 3.4) is grain size dependent, the
model is additionally parameterized in terms of a single grain size (dgrain ). Many of the parameters belonging
to the viscoelastic model are determined experimentally and therefore uncertain. To better capture this, we
included 𝛼 , E , and V as variable parameters. Uncertainty ranges are taken from Jackson and Faul (2010). The
mantle pressure profile is obtained by integrating the vertical load from the surface pressure boundary condition. Core parameters include radius, composition (S content), and the input parameters required to compute
physical properties of the core are those determined by integrating the load from the surface to the CMB and
the entropy of the lithology at Tlit , which determines the temperature at the CMB (section 3.5). Given values
of all of the above model parameters, the forward model can be solved.
4.2. Forward Problem
The forward model consists of computing geodetic data (𝜌̄, I/MR2 , k2 , Q) from a knowledge of the physical
structure of the crust and thermochemical structure of mantle and core. To determine stable mineralogy (),
isotropic shear (𝜇 ) and bulk (𝜅 ) moduli, density (𝜌), and attenuation structure (here designated by complex
moduli 𝜇̂ and 𝜅̂ ) along self-consistent mantle adiabats, we employ Gibbs free-energy minimization and a grain
size-dependent viscoelastic formulation. With this, the forward problem can be written as
operator

⏞⏞⏞
{Xm , Tlit , dlit , dgrain , … , rcore , XS }
⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟

g1

−→

primary parameters

 −→ {𝜌, 𝜇,
̂ 𝜅}
̂ −→ {𝜌,
̄ I/MR2 , k2 , Q}
⏟⏞⏞⏞⏞⏞⏞⏟⏞⏞⏞⏞⏞⏞⏟
g2 ,g3

g4

data

where the primary parameters are those described above in section 4.1 and the other parameters (, 𝜇,
̂ 𝜅,
̂ …)
represent secondary parameters that are required for the purpose of computing data (section 3.2). The
operators (g1 , … , g4 ) represent the various forward models, for example, Gibbs free energy minimization
(section 3.3), extended Burgers model and viscoelastic tidal response (section 3.4).
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Figure 2. Schematic diagram illustrating model parameterization. The model is spherically symmetric and is
parameterized using the following parameters. Crust: porosity (𝜙) and crustal thickness (dMoho ); mantle: lithospheric
thickness (dlit ), entropy of lithology at the temperature at the bottom of the lithosphere (Tlit ), composition (Xm ), grain
size (dgrain ), activation volume (V ) and energy (E ), and frequency exponent (𝛼 ). Core: composition (XS ) and radius (rcore ).
For more details see main text (section 4.1). The arrow indicates that the mantle adiabat is determined from Xm , dlit ,
and Tlit .

4.3. Inverse Problem
To solve the inverse problem d = g(m), where d is a data vector consisting of observations and g is an operator
that maps from the model space into the data space, we employ a Bayesian approach as outlined in Mosegaard
and Tarantola (1995)
𝜎(m) = k ⋅ h(m)(m),

(21)

where h(m) is the prior model parameter probability distribution, that is, the information on model parameters procured independently of data, (m) is the likelihood function, which measures the misfit between
observed and predicted data, k is a normalization constant, and 𝜎(m) is the posterior model parameter distribution. 𝜎(m) represents the solution to the inverse problem above. (m) is determined from the observed
data, data uncertainties, and the manner in which the latter are used in modeling data noise (to be described
in the following).
The Metropolis algorithm is employed to sample the posterior distribution (equation (21)) in the model space
(Mosegaard & Tarantola, 1995). This algorithm, which samples the model space in a random fashion, is an
importance sampling algorithm, that is, it ensures that models that fit data well and are simultaneously consistent with prior information are sampled more frequently. The Metropolis algorithm samples the model space
with a sampling density that is proportional to the (target) posterior probability density and thus ensures that
low-probability areas are sampled less excessively. This is an important feature of any algorithm that wishes
to randomly sample high-dimensional model spaces where the probability density over large proportions of
the volume are near 0.
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Table 3
Prior Information on Primary Model Parameters
Description

Quantity

Parameter

Value/range

Distribution

Surface porosity

1

𝜙0

Surface temperature

1

Tsurf

0.5–0.65
0–727∘ C

Log-uniform

Crustal thickness

1

dMoho

10–80 km

Log-uniform

Crustal composition

5

Xc

See Table 1

Fixed

1

Q𝜇

600

Fixed

1

Tlit

727–1427∘ C

Log-uniform

1

dlit

100–600 km

Log-uniform

5

Xm

±10% around the

Log-uniform

Uniform

(in the NCFMAS system)
Shear attenuation in
crust and lithosphere
Entropy of lithology at
the temperature at the
bottom of the lithosphere
Lithospheric depth
(depth to intersection of
conductive lithospheric
geotherm and mantle
adiabat)
Mantle composition
(in the NCFMAS system)

Values given in Table 1

Grain size

1

dgrain

0–50 mm

Uniform

Frequency exponent

1

𝛼

0.2–0.4

Log-uniform

Activation energy

1

E

300–400 kJ/mol

Log-uniform

Activation volume

1

V

10−6 – 10−5 m3 /mol

Log-uniform

Core radius

1

rcore

0–3,000 km

Log-uniform

Core composition

1

XS

0–100 wt%

Log-uniform

(Sulfur content)
Note. Model parameterization is illustrated in Figure 2.

4.4. Prior Information
The prior model parameter information described above is summarized in Table 3 below. The chosen prior
ranges represent the information acquired from data and results from experimental studies supplemented
with results from numerical studies as discussed in the foregoing sections. The prior range on surface temperature is relatively large but reflects the fact that the data considered here have little sensitivity on crustal and
subcrustal lithospheric thermal structure. This has little eﬀect on computed physical properties of the crustal
and subcrustal structure as tests have shown where surface temperature was fixed to that of present-day
Mars. Hence, in what follows the thermal structure of the crust and subcrustal lithosphere will not be
discussed further.
4.5. Sampling the Posterior
Under the assumption that data noise is Gaussian distributed and that observational uncertainties and calculation errors among the data sets considered are independent, the likelihood function can be written as
(
)
i
∏
|di − dcal
(m)|2
(m) ∝
exp − obs
(22)
2𝜎i2
i
where i runs over 𝜌̄, I∕MR2 , k2 , and Q, dobs and dcal (m) denote observed and calculated data, respectively, and
𝜎 data uncertainty.

5. Results and Discussion
5.1. Data Fit
Data fits for all five major compositions (Table 1) are summarized in Figure 3. The various compositions are all
capable of fitting mean density and moment of inertia, in addition to global tidal dissipation, but show scatter
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Figure 3. Probability distributions showing fit to individual data (observed value indicated on top of each plot) for each
of the inverted compositions (defined in Table 1): mean density (a); mean moment of inertia (b); second-degree tidal
Love number (c); and global tidal dissipation (d). The results shown in (c) and (d) refer to the main tidal period of
Phobos (5.55 h).

in k2 , particularly compositional model MA. The discrepancy between MA and the other compositions arises
because MA produces more rigid models (∼3–5% higher S wave velocity) in the depth range 100–1,100 km
relative to the other models. This is principally due to presence of garnet-rich phases. This, coupled with
smaller core sizes, results in the inability of MA to fit k2 . Given the geochemical point made earlier (section 2.1)
that MA represents a somewhat exotic composition and is probably unlikely to be representative of the bulk
composition of Mars, we discard MA from further analysis.
5.2. Mantle Temperature Profiles
Inverted present-day areothermal profiles are shown in Figure 4. For comparison, we are also showing sampled prior areotherms, which span a very large temperature range. Inverted models are comparatively well
constrained over most of the mantle and core. In comparison to the prior ranges (Table 3), both dlit and Tlit
are relatively well constrained with overlapping estimates in the range 200–400 km and ∼1400–1460∘ C.
The mantle adiabats show “structure” at depths around 1,000–1,100 km and 1,300–1,400 km, respectively,
that is, at the locations where the major mantle mineral phase transitions occur (olivine→wadsleyite and
wadsleyite→ringwoodite). At the CMB, temperatures in the range 1600–1700∘ C are obtained. Diﬀerences
between inverted areotherms for all four bulk compositions are relatively small and are unlikely to be large
enough to enable us to distinguish between the bulk compositions based on the data considered here.
In Figure 4 we are also showing mean temperature profiles from a recent geodynamical study by Plesa et al.
(2016). Plesa et al. (2016) modeled the thermal evolution of Mars to specifically investigate the spatial variation in present-day surface heat flux in anticipation of the InSight mission. The blue and pink lines show
present-day hot and cold end-member average temperature profiles from Plesa et al. (2016) assuming a
core size of 1,500 km. The comparison shows that the results from the inversion are bracketed by the endmember geodynamic models. For reference, we also included the recent present-day dry Martian solidus of
Kiefer et al. (2015).
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Figure 4. Sampled present-day mantle areotherms for the four main bulk compositions investigated here (defined in
Table 1). The prior range and several areotherms from the literature are also shown: end-member profiles (c10 and c28)
from the thermal evolution simulations by Plesa et al. (2016) and experimental data (BF97) after Bertka and Fei (1997).
“Solidus” refers to the present-day dry Martian solidus of Kiefer et al. (2015). Note that relative to the legend, colors are
less vivid because profiles have been plotted using a transparency factor. Thermal structure of crust and uppermost
lithosphere is not shown.

Independent direct constraints on the thermal structure of Mars are few. Petrological estimates derive principally from Gamma Ray Spectrometer data (Mars Odyssey) for several major volcanic provinces (Baratoux et al.,
2011) and analyses of shergottite meteorites (Filiberto & Dasgupta, 2015). These estimates bracket temperatures found here but are uncertain by several hundred degrees Celsius for dry mantle conditions and increase
further if water and/or other volatiles are added (e.g., Balta & McSween, 2013; Filiberto et al., 2016).
No attempt was made to account for a thermal boundary layer between mantle and core. While a thin thermal boundary layer with a temperature diﬀerence of ∼100∘ C is possible (e.g., Kiefer & Li, 2016), data are not
sensitive enough to “see” such a layer. This was verified by investigating how an increase of 100∘ C across
the CMB aﬀects core properties. As expected, diﬀerences in, for example, P wave velocity and density on the
core side of the CMB relative to a model without a thermal boundary layer amounted to <0.5%, which from
the point of view of the geophysical data is an insignificant change. Results are summarized in Table 4.
5.3. Grain Size
Sampled grain size distributions are shown in Figure 5 for the four main compositions. Except for TAY, the grain
size distributions are fairly uniformly distributed in the millimeter-to-centimeter range (1–50 mm) but show
a strong dropoﬀ below 1 mm. This indicates that grain sizes are >1 mm in the Martian mantle but less well
resolved in the range above. In addition, a grain size of ∼2–3 mm for model TAY appears to be preferred.
The importance of grain size arises because of the strong control it exerts on the diﬀusion creep rheology of
m
the crust and mantle (viscosity ∝ dgrain
, m = 2 –3). As summarized by Karato, (2008, Ch. 13), common estimates
of grain sizes of terrestrial rocks vary from 0.1 mm to 10 mm. Grain size estimates in the deeper Earth are
invariably indirect with estimates ranging from small (μm) to relatively large grain sizes (cm), with a possible
increase in grain size with depth (Karato & Wu, 1993). The latter would result from a change in deformation
mechanism in Earth’s upper mantle where a transition from dislocation to diﬀusion creep occurs. The depth
at which this transition occurs depends on a range of flow law parameters (Hirth & Kohlstedt, 2013).
In our inverse treatment, we neglect the complexity of a depth-dependent grain size. Based on the observation that the geodynamical simulations (section 6) suggest homogeneous grain sizes throughout Mars’
mantle, this appears to be a reasonable assumption. Generally, grain growth is temperature controlled and
on Earth the lower mantle transition is expected to limit the size of grains as material is being moved across
the transition and recrystallizes (e.g., Solomatov, 2001; Solomatov & Reese, 2008). In comparison, the midmantle phase transitions in the Martian mantle at ∼13 GPa (1,100 km depth) and 15 GPa (1,300 km depth)
(cf. Figure 1), respectively, are dynamically unimportant (Ruedas et al., 2013a). As a consequence, and in view
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Table 4
Summary of Inversion Results
Parameter

DW

LF

SAN

TAY

70–80

55–80

60–80

70–80

Lithosphere
T (∘ C)

1420–1440

1400–1460

1400–1440

1400–1420

dlit (km)

220–320

200–350

275–400

200–300

Crust
dmoho (km)
lit

Core
TCMB (∘ C)
T
(∘ C)
center

PCMB (GPa)

1640–1680

1630–1690

1620–1660

1630–1670

2110–2160

2100–2180

2080–2140

2100–2150

18.8–19.9

18.9–19.7

18.8–19.9

82.2–85

82.5–84.5

81.5–83.5

15.5–17.5

16.5–18.5

1,725–1,810

1,730–1,800

1,730–1,810

0.035–0.05

19–19.9

Fe (wt%)

81.5–84

S (wt%)

16–18.5

rcore (km)

1,720–1,810

15–17.8

Mass fractions
Crust

0.04–0.048

0.03–0.05

Mantle

0.72–0.74

0.715–0.75

0.72–0.745

0.715–0.745

0.215–0.24

0.22–0.24

0.22–0.235

0.22–0.24

1–50

1–50

1–50

1–50

𝛼

0.27–0.38

0.25–0.35

0.24–0.32

0.3–0.36

E (kJ/mol)

300–400

300–400

300–400

300–400

1–10

1–10

1–10

1–10

Mg/(Mg+Fe)

0.745

0.751

0.745

0.728

Mg/Si

1.01

0.97

1.04

0.85

Core

0.04–0.048

Viscoelastic parameters
dgrain (mm)

V (×10−5 m3 /mol)

BSM element ratios

Bulk Mars element ratios
Fe/Ni

18

18

18

18

Fe/Si

0.89

0.87

0.84

0.91

Fe/Si (wt)

1.77

1.73

1.66

1.81

Note. Quoted ranges cover the 95% credible interval. Except for core-mantle boundary temperature
(TCMB ), central core temperature (Tcenter ), and core-mantle boundary pressure (PCMB ), all parameters
are defined in Table 3. Bulk silicate mantle composition is abbreviated BSM. Bulk Mars elemental
ratios assume a meteoritic Fe/Ni ratio and that a proportion of Fe contained in the core is replaced by
Ni (see text for details). Elemental ratios are atomic unless otherwise noted (only mean compositions
are quoted).

of an apparent absence of a lower mantle transition in Mars (see section 5.5), grain sizes in excess of 1 mm in
the Martian mantle are not unrealistic.
For the baseline Martian model, Nimmo and Faul (2013) fixed 𝛼 = 0.274, whereas we generally find a slightly
higher 𝛼 in the range 0.3–0.4 (values for 𝛼 , E , and V are summarized in Table 4). The reason for this diﬀerence is
not clear but could possibly be related to Nimmo and Faul (2013) erroneously using 11.1 h instead of 5.55 h as
forcing period.
Nimmo and Faul (2013) also observed a trade-oﬀ between grain size and mantle temperature (and lid
thickness). This trade-oﬀ is not observed here. One reason for this is that in the inversion, models are “forced”
to fit the measured k2 and Q, whereas Nimmo and Faul (2013) are calculating k2 and Q based on a range of
input parameters and comparing these qualitatively to the observations. Thus, a trade-oﬀ is not observed here
because the inversion forces the model parameters to cover a more restricted range. In addition, the thermodynamic parameterization coupled with the top-down approach in which models are constructed (e.g., dlit ∕Tlit
determine mantle temperature) acts to break the trade-oﬀ between various parameters that are treated as
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Figure 5. Sampled grain size distributions for the four main compositions DW, LF, SAN, and TAY (defined in Table 1).

being purely independent by Nimmo and Faul (2013) and restricts the parameter range even further. Finally,
we also include 𝜌̄ and I∕MR2 , which, relative to Nimmo and Faul (2013), exerts a strong independent control
on density structure.
5.4. Attenuation
Inverted radial shear attenuation profiles Q𝜇 (r) for compositional model SAN are shown in Figure 6 at several
periods: main period of the Phobos-induced tide (5.55 h), tidal period of the Sun (12.3 h), and at long (1 h) and
short (1 s) seismic wave periods, respectively. Note that the Q𝜇 (r), k2 , and Q are only constrained at the period
of the Phobos-induced tide and unless otherwise stated, we refer to a period of 5.55 h. Also, only model results
for SAN are shown here as the other compositions produce qualitatively similar results.
Because volatiles are abundant in the Martian crust, it is resanoable to believe that Q𝜇 in the crust and in the
colder parts of the lithosphere (here fixed to 600) is less than on the Moon (∼3,000–5,000) where cracks and
pores filled with void prove extremely eﬀective scatterers (Nakamura, 1977). In contrast, dissipation within

Figure 6. Attenuation profiles and tidal response at various periods in the tidal and seismic bands: Sun (12.3 h), Phobos
(5.55 h), and long-period (“Mode”: 1 h) and short-period seismic waves (“Seismic”: 1 s). (a) Radial shear attenuation (Q𝜇 )
models and (b) amplitude of tidal response (k2 ) and global tidal dissipation (Q). Only model results for composition SAN
are shown; the other compositions produce similar results.
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the Martian mantle is large (small Q𝜇 ) with a quasi-constant increase in Q𝜇 from 50–75 in the upper mantle to
150–200 in the lower mantle. Q𝜇 (r) is observed to follow the same trend at both longer (12.3 h) and shorter
(1 h) periods but remains almost constant (∼150) throughout most of the mantle at a period of 1 s.
The corresponding frequency-dependent tidal response is also shown in Figure 6. Since changes in shear
wave speed (not shown) are negligible with relative variations of <0.5% in the period range 1–12.3 h, variations in k2 are correspondingly small: k2 (mean) varies from 0.17 (12.3 h) over 0.169 (5.55 h) to 0.168 (1 h).
At similar periods Q (mean) varies from about ∼75 over 91 to 132. The present trend for Q at longer periods
(1–12.3 h) is observed to follow a power law behavior (Jackson & Faul, 2010) with a frequency-dependent
exponent 𝛼 in the range 0.25–0.4, that is, within the absorption band dissipation increases with increasing
period and temperature. In contrast, in the seismic frequency band (1 s to 1 h), Q is observed to “level oﬀ,”
indicative of small 𝛼 (<0.1), i.e., Q becomes almost frequency-independent in line with terrestrial seismic experience. In the present case, the “leveling oﬀ” of Q at shorter periods is due to the eﬀect of the “absorption
peak” (cf. equation (13)) that Jackson and Faul (2010) identified in their laboratory experiments at relatively
low temperatures.
Overall, the frequency-dependent tidal response in the period range 1–12.3 h found here agrees with the
predictions of Zharkov and Gudkova (2005) who find global tidal dissipation factors of ∼110 (Sun), ∼125
(Phobos), and ∼160 (1 h), respectively, using a power law creep function-based viscoelastic model with a
frequency exponent of 0.15. The predictions of their model for Q (500–600) at seismic frequencies (1 s),
however, diverge from the present results where a Q around 150–200 is found. Since their Q at 1 s is
clearly too large, the authors consider a logarithmic creep law in the seismic freqency band instead, which
implies a frequency-independent Q as a result of which a more reasonable value is obtained (Zharkov et al.,
2017). In summary, to constrain the proper frequency-dependent behavior of Q, particularly at seismic periods, independent observations at diﬀerent periods are needed, which should become available with the
InSight mission.
The observation that the Martian mantle is dissipative could have a profound eﬀect on seismic wave propagation within Mars. In particular, significant attenuation of both short-period body wave and long-period
surface waves is possible and may hamper detection of distant (teleseismic) signals (see also discussion in
Lognonné et al., 1996).
5.5. Core Parameters
Inverted core parameters (radius, composition sulfur content, and density) for the four main compositions, are
shown in Figure 7 and summarized in Table 4. The results show remarkably similar core radii and compositions
across the investigated compositional models with mean core radii and mean S contents (XS ) in the range
1,730–1,840 km and ∼15–18.5 wt% S, respectively.
Relative to the initial core compositions proposed by DW, LF, and TAY (Table 4), all the models require modification of the S content and total core mass in order to fit the geophysical observations. Importantly, and in
spite of initial compositional diﬀerences between the four main models, inverted core parameters are seen to
converge to the aforementioned common set of values. The estimates for the core obtained here are in good
agreement with the recent estimates of Rivoldini et al. (2011), who employed a somewhat similar approach
to determine the interior structure (inversion of k2 , M, and I∕MR2 ) and obtained core radii and S contents of
1,794 ± 65 km and 16±2 wt%, respectively.
The relatively large core sizes, however, imply that a lower mantle transition equivalent to the “660 km”
seismic discontinuity is not extant inside Mars. CMB pressures attained here range from ∼19 to 20 GPa, which
is below that needed for the ringwoodite→ferropericlase+bridgmanite transition to occur (cf. Figure 1). A
similar conclusion was also reached by Rivoldini et al. (2011).
Briefly, absence of a lower mantle has implications for the dynamical evolution of the planet: large cores inhibit
the existence of a lower mantle layer as a result of which mantle convection is expected to encompass the
entire mantle. Small cores, on the other hand, allow for a lower mantle layer that could form a dynamically
separate unit and lead to decoupling of mantle and core (e.g., Ruedas et al., 2013a, 2013b; van Thienen et al.,
2006), although disruption of grain size growth as material passes through the phase transition would tend
to lower viscosity and hence increase convective vigor and therefore destabilize any initial separation. In contrast, absence of a lower mantle transition would favor continuous grain growth and lead to larger grain sizes
and thus increased viscosity at the bottom of the mantle, which argues in favor of whole-mantle convection.
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Figure 7. Sampled core properties: radius, sulfur content, and density for the four main compositions (defined in
Table 1). The histograms on the right axis show the probability distributions of core radius for each of the main
compositions.

Core compositions are modeled in the simplified system Fe-FeS because of a lack of more detailed geophysical models accounting for the eﬀect of Ni on core properties. From a geochemical point of view, the core
likely contains a significant amount of Ni, which can be estimated by assuming (1) that Ni is entirely incorporated into the core and (2) that bulk Mars has an atomic Fe/Ni ratio of 18. The latter assumption is based
on a relatively constant Fe/Ni ratio among chondrites (ranging from 17.8 to 19.1; Wasson & Kallemeyn, 1988)
but is also consistent with the estimates of DW and LF. Adjusting the core composition for the presence of Ni
results in very similar solutions for all four models with a most probable core composition of ∼75.5–80 wt%
Fe, ∼5–6 wt% Ni, and ∼15–18.5 wt% S.
Relying on the experimental data of Stewart et al. (2007) of the system (Fe,Ni)-(Fe,Ni)S, the eutectic composition at the CMB pressures obtained here (∼19–20 GPa) is around 17 wt% S and decreases to 14 wt% S
with increasing pressure (40 GPa). Corresponding eutectic temperatures are below 1000∘ C at CMB pressures
and only increase to 1100–1200∘ C at pressures of the inner core. In comparison, inverted model temperatures on the core side of the CMB are >1600∘ C, which, together with the almost eutectic-like sulfur content
with a mean around 15–18.5 wt%, suggests a fully liquid core at present in agreement with inferences made
earlier (Rivoldini et al., 2011).
Mars’ core is likely to undergo a complex core crystallization behavior in the future. Crystallization will start
at the pressure at which the areotherm initially falls below the liquidus, which is expected to first occur in the
upper part of the core close to the CMB on the Fe-rich side of the Fe-S eutectic (e.g., Dumberry & Rivoldini,
2015), consistent with the iron-rich “snowing core” hypothesis of (Stewart et al., 2007). Continued cooling
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Figure 8. Sampled seismic velocity profiles for the four main compositions: (a) S wave speed, (b) P wave speed, and (c) density from the surface to the center of
Mars. S wave models refer to a reference period of 1 s. See main text for details.

combined with the shift in eutectic composition toward Fe with increasing depth may result in a situation
where the areotherm also intersects the liquidus on the S-rich side at higher pressure, causing cocrystallization
of Fe3 S in the interior of the core (e.g., Hauck et al., 2006; Helﬀrich, 2017).
5.6. Implications for Bulk Composition
Constraints on the bulk composition of Mars derive from solving for core size and core sulfur content. The
complementary bulk silicate Mars (BSM) component is defined by the input model compositions of DW, LF,
SAN, and TAY (Table 1). These initial BSM compositions show some variability in absolute oxide concentrations
and characteristic elemental ratios. The Mg number, for example, ranges between 0.751 (LF) and 0.728 (SAN)
and varies only by ∼3%. The atomic Mg/Si ratio, on the other hand, ranges from sub-CI chondritic (0.85) for
SAN to near CI-chondritic (1.04) for TAY. With the present model setup, where we allow for a 10 wt% variation
of each mantle oxide component (see Table 1), the BSM models are essentially indistinguishable. Since we
are not inverting for the silicate composition of the mantle, we may express the inverted bulk composition
simply by planetary bulk Fe/Si ratio (by weight and corrected for the presence of Ni in the core; see previous
section), which varies between 1.66 (SAN) and 1.81 (TAY). Inverted bulk and bulk silicate Mars compositions
are summarized in Table 4.
A simplification in our phase equilibrium calculations is that the “model mantle compositions” given in Table 1
are directly derived from the proposed BSM models and do not account for the extraction of the crust, i.e., that
bulk silicate Mars is the compositional sum of crust and mantle. Subtracting mean crustal masses of average
crustal composition (Table 1) from each mantle model shows that the residuals are within 10 wt% of their initial values, except for Na. The latter component is the most incompatible element and varies by up to 24 wt%.
Because of its low absolute concentration, however, variations in Na have a negligible eﬀect on mantle phase
relations. Accordingly, crustal extraction can be considered implicit in the inversion.
5.7. Seismic Profiles
Of general interest in the context of the InSight mission are profiles of seismic velocity and density structure.
These profiles are shown in Figure 8 and refer to seismic periods (1 s). As already seen in the thermal profiles (Figure 4), diﬀerences between the various models are relatively small. The models suggest the possible
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presence of a lithospheric high-velocity lid followed by a low-velocity zone (LVZ). These features were noted
previously by Nimmo and Faul (2013) and follow directly from the relatively strong temperature gradients that
prevail in the conductive lithosphere. The eﬀect of temperature on shear modulus relative to pressure inside
Mars is stronger and therefore results in a shear wave velocity reduction with depth in the lithosphere. The
eﬀect of this on seismic wave propagation is discussed in detail by Zheng et al. (2015).
Models DW, LF, and TAY point to an olivine→wadsleyite transition at around ∼1,000–1,050 km depth and
a secondary transition (wadsleyite→ringwoodite) at about 1,250–1,300 km depth. For model SAN the transitions occur ∼50 km shallower in the mantle. On Earth, these transitions are relatively sharp and are
detectable using seismic data in the form of mantle triplications, PP and SS precursors, and receiver functions (e.g., Lawrence & Shearer, 2006; Stähler et al., 2012; Tauzin et al., 2008). Inside Mars, however, the
olivine→wadsleyite transition is not expected to be as sharp because of the protracted nature of the coexistence loop in comparison to Earth. This is likely going to complicate direct detection of mantle phase
transitions by seismological means.
While seismic data will be acquired as part of the upcoming InSight mission to Mars, Figure 8 indicates that
it is going to be diﬃcult, based on seismic data alone, to discriminate between the compositional models
investigated here. The same arguments concern determination of core size, which is otherwise detectable
using normal modes (Okal & Anderson, 1978) or core-reflected (e.g., PcP and ScS) and core-refracted waves
(e.g., PKP and SKS) (Helﬀrich, 2017). While seismic analyses in preparation for InSight have been and are currently undertaken (e.g., Böse et al., 2017; Bozdağ et al., 2017; Ceylan et al., 2017; Clinton et al., 2017; Goins &
Lazarewicz, 1979; Khan et al., 2016; Larmat et al., 2008; Lognonné et al., 1996; Okal & Anderson, 1978; Panning
et al., 2016; Solomon et al., 1991; Teanby & Wookey, 2011; Zharkov & Gudkova, 2014), we leave it for a future
study to consider seismic predictions of the models proposed here in more detail.

6. Geodynamic Modeling
To provide an independent view on some of the geophysical predictions (e.g., grain size, thermal state, and
lithospheric thickness), we performed a number of mantle convection simulations. For this purpose, we
employ the convection code StagYY (Tackley, 2008) in 2-D spherical annulus geometry (Hernlund & Tackley,
2008). At this stage, we would like to note that it is not our purpose to accurately reproduce all geodynamical
features of Mars (such as the activity related to the large volcanic provinces Tharsis and Elysium). Instead, the
emphasis focusses on quantitatively reproducing the thermal profile (internal temperature) and average grain
size obtained in the geophysical inversion, in addition to current crustal thickness estimates (e.g., Neumann
et al., 2004; Wieczorek & Zuber, 2004).
An important constraint for the geodynamic simulations is the observation that most of Mars’ crust is older
than 3.7 Ga, although there is evidence for recent melting and volcanism (Carr & Head, 2010; Grott et al.,
2013; Hauber et al., 2010; Neukum et al., 2004; Phillips et al., 2001; Solomon et al., 2005; Werner, 2009). As a
consequence, “successful” models are expected to produce mafic crust mainly in the beginning of the simulations, although localized melt production is possible up until the present. Interestingly, the geophysically
constrained internal temperatures are not too far below the solidus temperature (see Figure 4). This suggests
that “localized” features such as a large plume below Tharsis (Harder & Christensen, 1996; Keller & Tackley,
2009; Roberts & Zhong, 2006; Šrámek & Zhong, 2010; Zhong, 2009; Zhong & Zuber, 2001) would allow for
regional magmatism to occur without being widespread as observed on, for example, Io (Breuer & Moore,
2007) and Venus (Ivanov & Head, 2013). In the simulations performed here, we neglect the implications
of a giant impact as a means of forming most of the north-south crustal dichotomy (Golabek et al., 2011;
Marinova et al., 2008; Nimmo et al., 2008; Reese et al., 2010). As a result, the amount of mafic crust that forms
is likely to be underestimated.
6.1. Crustal Production and Grain Size Evolution
For the simulations, we solve the equations of compressible thermochemical convection, that is, Stokes,
heat, and continuity equations employing the marker in cell method for the advection of rock composition,
temperature, and grain size using the convection code StagYY (Tackley, 2008). Here only a brief summary is
given. Details are provided in Appendix B.
When temperature exceeds the mantle solidus, partial melting ensues. The basaltic melt produced from the
mixed mantle is transported toward the surface by both intrusive (50%) and extrusive (50%) magmatism,
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as described in Rozel et al. (2017). The solid residue is harzburgitic in composition (forming the depleted mantle) and will remain solid as the compositionally dependent solidus temperature increases (Maaløe, 2004).
Heat-producing elements preferentially partition into the melt, implying that the mafic crust deposited at
the surface is 1/p times more radiogenic than the depleted residue where p is the partition coeﬃcient for
radiogenic heat-producing elements. For the partitioning of heat-producing elements between the mantle
and crust we use the approach described in Xie and Tackley (2004). Our simulations show that p is an important parameter as it controls the eﬀective internal heat production in Mars’ mantle, which directly influences
the internal temperature through melting and crustal production. Experimentally determined values for p
of radiogenic elements are of the order of 0.001 (Hart & Dunn, 1993; Hauri et al., 1994).
In the simulations performed here, we assume a homogeneous temperature-, pressure-, and grain sizedependent rheological equation based on diﬀusion creep (Hirth & Kohlstedt, 2013) over the entire computational domain
(
(
)
)
dgrain 3
E + PV
E
−
𝜂(P, T, dgrain ) = 𝜂0
exp
(23)
,
dref
RT
RT ref
where 𝜂0 and dref are reference viscosity and grain size (1 mm), respectively, E and V are activation energy
(375 kJ/mol) and activation volume (6 cm3 /mol), respectively, Tref is reference temperature (1326∘ C), and R is
the universal gas constant. This expression for 𝜂 is similar to equation (14) with 𝜂 = 𝜏𝜇 , but the latter applies
to timescales on the order of Phobos’ orbital period (hours), whereas here timescales refer to the evolution
of Mars (Gyr). To reproduce geodynamically the geophysically inferred properties, we test various reference
viscosities in the range 1018 – 1021 Pa s.
Grain size evolution and heat-producing element partitioning are interrelated as grain growth is strongly
temperature dependent, in that internal heating tends to increase grain size, while simultaneously producing mafic crust. Yet, magmatism depletes the mantle, that is, decreases internal heating, and limits any
increase in potential temperature. Consequently, it is reasonable to assume that the evolution of Mars’s
internal temperature and average grain size are governed by depletion in heat sources due to melting
and magmatism.
To avoid numerical diﬀusion, grain size evolution is computed on the Lagrangian markers advected by the
flow. We use a simple grain growth equation and neglect dynamic recrystallization since grain size reduction
terms are negligible due to the small stresses in the Martian mantle
)
(
E
D p
dgrain = k0 exp − d ,
(24)
Dt
RT
where k0 , p, and Ed are experimentally determined constants. In line with arguments made earlier (section 5.3),
we use a single grain growth law for the entire mantle. Grain growth parameters are diﬃcult to determine
experimentally as laboratory experiments can only be run for a limited amount of time, far less than the scale
on which geological processes occur. To fully investigate the eﬀects of grain size evolution, we consider four
diﬀerent growth parameters. First, following Yamazaki et al. (2005), we chose p = 4.5, k0 = 3.9811⋅106 μm4.5 ∕s
and Ed = 414 kJ/mol. Second, to model the eﬀect of faster kinetics, we consider three additional growth laws
within the range of the measurements of Hiraga et al. (2010) for which p = 5, k0 = 1.75 ⋅ 108 , k0 = 1.75 ⋅ 109 ,
and k0 = 1.75 ⋅ 1010 , respectively. As discussed earlier, midmantle phase transitions (olivine→wadsleyite and
wadsleyite→ringwoodite) are not expected to aﬀect grain size (see also Solomatov & Reese, 2008).
The initial state is characterized by a potential temperature of 1326∘ C and a homogeneous grain size of
100 μm. The mantle is a mixture of 15% eclogite and 85% harzburgite, and we impose a 20 km preexisting
basaltic crust at the surface. Radiogenic heating of mixed mantle is initially equal to 2.3 ⋅ 10−11 W/kg and
decreases exponentially throughout time with a half-life of 2.43 Gyr (Nakagawa & Tackley, 2005). We operate
with an initial core temperature of 2226∘ C and take into account self-consistent core cooling using the heat
flux at the CMB. Core radius is fixed to ∼1700 km.
6.2. Geodynamical Results
Figure 9 shows final profiles of temperature, viscosity, and grain size after 4.5 Gyr of evolution. Temperature
and grain size profiles are strongly correlated, as expected, since the final grain size represents an integral of
the thermal history; a hot mantle results in a larger grain size. Viscosity, on the other hand, does not correlate
with temperature nor grain size, since these parameters compete in the rheological equation (equation (23)).
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Figure 9. Temperature (a), viscosity (b), and grain size (c) profiles after 4.5 Gyr of evolution for various initial values of
radioactive element partition coeﬃcients (p ), grain growth prefactors k0 , and reference viscosities (𝜂0 in Pa s). Dark
gray shaded region in (a) shows the geophysically derived thermal profiles for the DW composition (cf. Figure 4). Shaded
regions show impact of variations in p (turquoise), k0 (orange), and 𝜂0 (purple).

For comparison, geophysically inverted thermal profiles are also shown (gray envelope). From the results we
observe the following trends: ineﬃcient partitioning of heat-producing elements (high p ) results in larger
internal temperatures and thinner lithospheres, whereas low reference viscosities tend to better cool the mantle and result in thinner lithospheres. Also, strong grain growth tends to increase the internal temperature and
thicken the lithosphere.
To provide a more quantitative expression for these trends, we used the viscosity profiles to detect the
lithosphere-asthenosphere boundary (LAB). The latter was defined as being located where the viscosity is 20%
higher than the smallest viscosity value found below the lithosphere. From this, the following scaling laws for
lithospheric thickness and temperature (generated in all simulations) were obtained
dlit (km)
= 1.278
500
Tlit (K)
= 1.106
1600

(

(

ln p

)0.806 (

A
ln p

)−0.071 (

A

𝜂0
𝜂′

𝜂0
𝜂′

)0.099 (

)0.031 (

ln k0
B

ln k0
B

)1.208

(25)

)0.334
,

(26)

where dlit and Tlit are in units of kilometers and kelvin, respectively, and A = ln 0.01, B = ln 109 , and 𝜂 ′ = 1020
Pa s throughout. Lithosphere thickness has been limited to 1,000 km in these scaling laws. To fit all cases with
a single scaling law using a common k0 , we modified the k0 from the simulations with a p exponent of 4.5 as
follows. We sought the k0 that produces the same grain size after 4.5 Gyr evolution for an exponent p=5 and
a temperature T=1500∘ C. This occurs for a k0 of 7.652 ⋅ 107 .
Figure 9 also shows that the internal viscosity and grain size (second and third panels) depend on p , k0 , and
𝜂0 . At a depth of 1,000 km, the scaling laws for internal viscosity 𝜂int and grain size dgrain were found to be
𝜂int
= 8.86
1020
dgrain
500
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where 𝜂int and dgrain are in units of Pa s and micrometers, respectively.
These relations indicate that both viscosity and grain size increase with
increasing p , k0 , and 𝜂0 . Grain sizes larger than 1 mm, consistent with
what was found in the geophysical inversion, are observed in the simulations involving medium-to-large grain growth (Figure 9).
The present-day average surface heat flux (QHF ) obtained in our simulations ranges from 15 to 25 mW/m2 . This is in good agreement with the
estimates derived by Plesa et al. (2016) where mean surface heat fluxes in
the range 23–27 mW/m2 were obtained. An important observation here
is that partitioning of heat-producing elements, small grain growth, and a
low viscosity tend to slightly increase the heat flux, as summarized by the
scaling law:
Figure 10. Amount of crust (in kilometer thickness) erupted to the surface
through time for various radioactive element partition coeﬃcients (p ),
grain growth prefactors k0 , and reference viscosities (𝜂0 in Pa s). For
comparison, gray shaded area indicates the range of current average crustal
thickness estimate of Wieczorek and Zuber (2004). Color-shaded regions
show impact of variations in p (turquoise), k0 (orange), and 𝜂0 (purple).

QHF
= 0.715
25

(

ln p

)−0.378 (

A

𝜂0
𝜂′

)−0.0137 (

ln k0
B

)−0.155
,

(29)

where the heat flux is expressed in mW/m2 . The above five scaling laws are
illustrated in Figure B1 in Appendix B.

Finally, Figure 9 shows that the geophysically derived temperature profiles
in the lithosphere (gray shaded area) are not easily reproduced. Mantle
temperatures are fit for a large variety of parameters, but lithosphere thickness is generally >300 km, that is,
toward the upper end of the geophysical results. A thinner lithosphere is only obtained in the case of low viscosity and large p . In the context of the geophysically determined grain sizes, Figure 9 shows that grain sizes
greater than 1 mm are only really possible in the case of relatively strong grain growth, which nonetheless
remains much slower than pure olivine growth in the absence of Zener pinning.

Figure 10 shows that large p values tend to increase the thickness of the crust. In particular, ineﬃcient partitioning of heat-producing elements (p = 0.1), irrespective of the value of 𝜂0 , can be ruled out because
mantle temperatures are too high by several hundred degrees relative to the inverted profiles and so is crustal
production (≫200 km, not shown in Figure 10). Summarizing the results, we find that present-day crustal
thickness follows a scaling relationship of the form (see Figure B1)
dmoho
= 0.569
80

(

ln p
A

)−0.182 (
− 0.500

𝜂0
𝜂′

)−0.113 (

ln k0
B

)−0.913

(30)

.

Thus, the preferred values of p , k0 , and 𝜂0 that are consistent with the geophysical predictions seem to be
0.01 < p < 0.1, a large k0 , and 1018 < 𝜂0 < 1020 . The geodynamical results (Figures 9 and 10) supporting the
scaling laws (equations (25)–(29)) are summarized in Table 5.
Table 5
Summary of Geodynamic Modeling Results Supporting the Scaling Laws (Equations (25)–(29))
𝜂0
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dlit

dgrain

𝜂int

QHF

dmoho

k0

(μm)

(Pa s)

(mW/m2 )

(km)

(mp ∕s)

p

1152

291

1.8 ⋅ 1020

16.8

86

3.98 ⋅ 106

4.5

1222

610

4.1 ⋅ 1020

16.7

77

1.75 ⋅ 109

5

1166

356

2.5 ⋅ 1020

16.8

85

1.75 ⋅ 108

5

1288

1087

6.3 ⋅ 1020

16.5

70

1.75 ⋅ 1010

5

1240

335

4.8 ⋅ 1020

16.6

68

3.98 ⋅ 106

4.5

675

1342

766

8.7 ⋅ 1020

16.3

61

1.75 ⋅ 109

5

599

1264

420

5.5 ⋅ 1020

16.6

65

1.75 ⋅ 108

5

1421

1380

1.6 ⋅ 1021

16.0

56

1.75 ⋅ 1010

5

1378

447

9.2 ⋅ 1020

16.1

51

3.98 ⋅ 106

4.5

950

1518

941

2.5 ⋅ 1021

15.7

48

1.75 ⋅ 109

5

756

1403

539

1.1 ⋅ 1021

16.0

49

1.75 ⋅ 108

5

(Pa s)

p

1018

10−3

479

1018

10−3

552

1018

10−3

500

1018

10−3

618

1019

10−3

579

1019

10−3

1019

10−3

1019

10−3

795

1020

10−3

716

1020

10−3

1020

10−3

(km)

Tlit
(∘ C)
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Table 5 (continued)
𝜂0

dlit

Tlit
(∘ C)

dgrain

𝜂int

QHF

dmoho

k0

(μm)

(Pa s)

(mW/m2 )

(km)

(mp ∕s)

15.5

43

1.75 ⋅ 1010

5

15.5

40

3.98 ⋅ 106

4.5
5

(Pa s)

p

1020

10−3

997

1555

1525

8.2 ⋅ 1021

1021

10−3

979

1540

536

3.9 ⋅ 1021

1021

10−3

1008

1565

965

1.9 ⋅ 1022

15.3

37

1.75 ⋅ 109

1021

10−3

988

1550

610

5.3 ⋅ 1021

15.5

39

1.75 ⋅ 108

5

1021

10−3

1013

1538

1283

7.2 ⋅ 1022

15.1

33

1.75 ⋅ 1010

5

1018

10−2

399

1178

317

8.1 ⋅ 1019

18.8

96

3.98 ⋅ 106

4.5

1018

10−2

454

1252

657

1.9 ⋅ 1020

18.5

84

1.75 ⋅ 109

5

1018

10−2

411

1191

380

1.2 ⋅ 1020

18.8

93

1.75 ⋅ 108

5

1018

10−2

502

1326

1202

3.0 ⋅ 1020

18.3

75

1.75 ⋅ 1010

5

1019

10−2

478

1269

362

2.4 ⋅ 1020

18.4

74

3.98 ⋅ 106

4.5

1019

10−2

534

1384

866

3.8 ⋅ 1020

18.0

63

1.75 ⋅ 109

5

1019

10−2

489

1301

458

2.6 ⋅ 1020

18.4

71

1.75 ⋅ 108

5

1019

10−2

613

1472

1634

6.2 ⋅ 1020

17.4

58

1.75 ⋅ 1010

5

1020

10−2

554

1416

512

4.4 ⋅ 1020

17.8

53

3.98 ⋅ 106

4.5

1020

10−2

655

1527

1149

9.5 ⋅ 1020

17.0

49

1.75 ⋅ 109

5

1020

10−2

570

1448

628

4.6 ⋅ 1020

17.6

51

1.75 ⋅ 108

5

1020

10−2

784

1614

2030

2.1 ⋅ 1021

16.5

44

1.75 ⋅ 1010

5

1021

10−2

703

1560

689

1.4 ⋅ 1021

16.7

41

3.98 ⋅ 106

4.5

1021

10−2

853

1664

1313

3.5 ⋅ 1021

16.1

38

1.75 ⋅ 109

5

1021

10−2

734

1583

797

1.5 ⋅ 1021

16.6

40

1.75 ⋅ 108

5

1021

10−2

896

1715

2226

1.2 ⋅ 1022

15.8

33

1.75 ⋅ 1010

5

1019

10−1

212

1432

677

1.0 ⋅ 1019

26.7

368

3.98 ⋅ 106

4.5

1019

10−1

283

1480

1209

2.9 ⋅ 1019

23.6

239

1.75 ⋅ 109

5

1019

10−1

332

1550

2079

8.2 ⋅ 1019

23.3

221

1.75 ⋅ 1010

5

1020

10−1

303

1507

714

4.3 ⋅ 1019

23.4

230

3.98 ⋅ 106

4.5

1020

10−1

374

1600

1398

2.1 ⋅ 1020

23.4

208

1.75 ⋅ 109

5

1020

10−1

315

1525

808

6.4 ⋅ 1019

23.4

226

1.75 ⋅ 108

5

1020

10−1

441

1672

2533

6.4 ⋅ 1020

23.4

186

1.75 ⋅ 1010

5

1021

10−1

406

1633

855

4.0 ⋅ 1020

23.5

192

3.98 ⋅ 106

4.5

1021

10−1

481

1717

1741

1.3 ⋅ 1021

23.7

159

1.75 ⋅ 109

5

1021

10−1

420

1650

978

5.1 ⋅ 1020

23.5

189

1.75 ⋅ 108

5

1021

10−1

556

1776

3104

3.7 ⋅ 1021

23.9

139

1.75 ⋅ 1010

5

(km)

p

Note. dgrain and 𝜂int refer to a reference depth of 1,000 km, whereas dmoho represents the final crustal thickness after
4.5 Gyr of evolution. Parameters are defined in Table 3 and in section 6.

While a p in the range 0.01–0.1 is found to be preferable, this particular scenario nevertheless tends to generate too much crust and therefore larger crustal thicknesses than permitted by current observations. However,
as a word of caution, we should note that several aspects currently limit the accuracy of the estimated crustal
production. First, crustal production is intimately related to the solidus temperature profile of Mars which is
uncertain. Second, crustal recycling is somewhat underestimated in our models as we imposed 50% of volcanism and 50% of plutonism. Higher plutonic eﬃciency, for example, would lead to more eﬃcient recycling
(Rozel et al., 2017) and thereby allow for a thinner present-day crust. These issues will have to be investigated
in more detail in the future.

7. Summary and Conclusion
We have shown that a grain size and frequency-dependent viscoelastic model (extended Burgers rheology)
based on laboratory deformation of melt-free polycrystalline olivine is capable of matching a set of geophysical observations for Mars. In particular, we have shown that mantle melting is not required to reproduce
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the relatively dissipative Martian interior. Starting from a set of initial geochemically based bulk Martian
compositions, we find strong evidence for a relatively large (radius∼1,730–1,840 km) Fe core containing
15–18.5 wt% S that appears to be entirely liquid at present given current constraints, data, and modeling
assumptions. The results preclude the presence of a solid inner core on account of the determined core
S content, which is close to the eutectic composition. The model geotherms obtained here remain below
the present-day dry Martian solidus inferred by Kiefer et al. (2015) and indicate CMB temperatures around
1560–1660∘ C. From the determined core size and CMB pressure and temperature, the presence of a lower
mantle transition, equivalent of the 660 km seismic discontinuity in the Earth, seems unlikely. The bulk Martian compositions derived here are generally chondritic with a Fe/Si (weight ratio) of 1.66–1.81. Grain size
estimates range from 1 to 50 mm but are >0.5 mm and within the range observed on Earth.
Following this, we performed a number of thermochemical evolution simulations with the purpose of fitting
the geophysically derived results (specifically mantle geotherm, lithospheric thickness, and grain size). This
served to show that the inversion results can be used in tandem with geodynamic simulations to identify plausible geodynamic scenarios and parameters. For a reasonable set of radioactive element partition coeﬃcients
between crust and mantle around 0.01–0.1 and reference viscosities (1018 – 1020 Pa s), the geodynamic models, based on 2-D models and covering 4.5 Ga of Martian history, were generally able to reproduce current
areotherms, crustal thickness, and grain size, but, in part only, lithospheric thickness. The geodynamic models
also predict a present-day mean surface heat flow between 15 and 25 mW/m2 , in excellent agreement with
the recent heat flow estimates by (Plesa et al., 2016).
We should emphasize that the point of the geodynamical simulations was not to accurately reproduce the
dynamical evolution of Mars but rather (1) to provide first-order insights on the long-term evolution (∼4.5 Gyr)
in terms of a few crucial parameters such as crustal production, mantle temperature, and grain size growth
and (2) to see if these can be varied within reasonable bounds while simultaneously fitting the present-day
geophysical predictions obtained here.
Being anhydrous and melt-free, the models constructed here are end-member cases in that presence of,
for example, water would lower the solidus (e.g., Pommier et al., 2012), produce melt, and increase dissipation, which would have to be oﬀset by an overall decrease in mantle temperature. The thermal evolution of
Mars depends crucially on mantle viscosity, which is also determined by conditions of temperature, pressure,
and water content. Even if present at small levels (tens of ppm), water can lead to a reduction of eﬀective
viscosity and Q, thereby enhancing dissipation (Hirth & Kohlstedt, 1996; Karato, 2013; Karato & Jung, 1998;
Mei & Kohlstedt, 2000). As discussed by Filiberto et al. (2016), presence of 0.02 wt% water in the mantle
source region would lower viscosity by a factor of 36 relative to a nominally dry (≤10 ppm water) mantle
with an associated significant increase in convective vigor as observed in various dynamical evolution studies
(e.g., Hauck & Phillips, 2002; Li & Kiefer, 2007; Morschhauser et al., 2011; Ogawa & Yanagisawa, 2012; Ruedas
et al., 2013b). The combined eﬀect of this would be to lower the mantle geotherm below what has been
obtained here. Accordingly, the present mantle geotherms represent upper bounds.
Although water in some shergottite magmas has been observed (McCubbin et al., 2012), the present-day
water content of the Martian mantle is not well constrained. It likely contains less water than Earth with a
probable value of around 300 ppm (Taylor, 2013). This estimate assumes no water loss during or after accretion
due to impact heating, chemical reactions, and magma ocean crystallization (Elkins-Tanton et al., 2005; Wänke
& Dreibus, 1994). For now, the eﬀect of water needs to be better quantified and understood before it can be
modeled properly. In addition, current lack of thermodynamic data accounting for the influence of water on
mantle phase equilibria further prohibits quantitative modeling.
Presence of melt very much mimics the eﬀect of water, that is, lowers Q and increases dissipation. While there
is some evidence for magmatic activity that might have occurred until relatively recently (e.g., Neukum et al.,
2004; Niles et al., 2010), Mars is unlikely to be molten on the global scale at present. Even if localized pockets or
regions inside Mars may remained molten up until the present, these are unlikely to aﬀect global dissipaton.
What can be argued based on the results here and those of Nimmo and Faul (2013) is that laboratory-based
viscoelastic dissipation models do not require melt to fit current observations. The eﬀect of a small melt fraction on dissipation has been studied in the laboratory (e.g., Faul et al., 2004; McCarthy & Takei, 2011; Takei,
2017). Melt acts to enhance dissipation and render it essentially frequency independent across the seismic
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frequency band (Faul et al., 2004). However, modeling its influence presents, on a par with water, an equally
challenging problem that will be left for a future study.
In this context, earlier studies based on viscoelastic models (e.g., Bills et al., 2005; Castillo-Rogez &
Banerdt, 2013) that relied on diﬀerent rheologies (Maxwell and Andrade) found mantle viscosities
around 1014 – 1016 Pa s that appear to be inconsistent with current estimates of Earth’s mantle viscosity
(∼1019 – 1021 Pa s). This suggested that either Mars does not behave as a Maxwell body or that a significant
amount of partial melt is needed to lower the viscosity to the aforementioned values. The latter possibility
has gained in strength in the case of the Moon, where evidence in support of partial melt in the deep lunar
interior has steadily accumulated (e.g., Efroimsky, 2012a, 2012b; Harada et al., 2014; Khan et al., 2014; Weber
et al., 2011; Williams & Boggs, 2015; Williams et al., 2001), although Nimmo et al. (2012) find that melt is not
strictly required to match the observations with the caveat that the frequency dependence of Q (i.e., 𝛼 ) at
tidal periods is opposite in sign to what has been observed through lunar laser ranging (e.g., Williams et al.,
2014). As pointed out by Efroimsky (2012a), though, the lunar laser ranging-based observation of a negative 𝛼
(i.e., Q ∼ 𝜔𝛼 instead of the common case where Q ∼ 𝜔−𝛼 ) is entirely in accordance with a low-viscosity attenuating region in the lunar interior. Employing a homogeneous incompressible spherical model of the Moon,
Efroimsky (2012a) and Efroimsky (2012b) showed that the apparent decrease of k2 ∕Q with period observed
through lunar laser ranging could be explained with a function equivalent to a single relaxation time model.
Using a viscosity around (∼1015 Pa s), k2 ∕Q was shown to peak in the tidal band in the vicinity of the tidal periods (see, e.g., Figure 1 in Efroimsky, 2015). We leave it for a future study to consider the impact of diﬀerent
types of rheological models in the context of the inverse problem posited here.
The present approach is not fully self-consistent in that only a single mineral (olivine) and a single composition (Fo90 ) has had its viscoelastic behavior characterized; nonetheless, Nimmo and Faul (2013) argue that the
errors introduced by focusing exclusively on Fo90 olivine are likely to be small, since the behavior of olivine is
believed to be broadly representative of the viscoelastic behavior of the upper mantle. Compostitional eﬀects
will mainly influence the unrelaxed modulus (I. Jackson, personal communication, 2014). Based on a compilation of existing data, Karato (2013) similarly argues that addition of orthopyroxene to olivine has little eﬀect
on anelasticity. In line herewith, and because olivine is the dominant mineral (∼60% by volume) throughout
most of the Martian mantle, neglect of the contribution from other phases is expected to less likely result
in significant changes. In view of the diﬀerent Mg#s of Earth and Mars, a possible exception is the iron content that could potentially change the dissipative properties of olivine (Zhao et al., 2009). We leave it for a
future treatment, based on a new and expanded experimental database, to consider these eﬀects in more
detail. Also, while this study is based on the most appropriate experimental constraints available, their use
involves an extrapolation beyond the available experimental frequencies as well as an extrapolation in grain
size. Further experiments closer to the Martian parameter space we explore would be valuable future work.
In spite of these caveats, the approach outlined here is capable of making significant predictions (summarized
in Table 4) that provide many quantitative insights. Moreover, the study proposed here will help quantify
additional future requirements—from the acquisition of new experimental data to modeling aspects—that
will be in need of further attention to extend the predictions to increasingly complex models.
Last, but not least, the predictions made here can ultimately be tested with the upcoming InSight mission
that will perform the first in situ measurements of the interior of Mars through the acquisition of seismic, heat
flow, and geodetic data:
1. Analysis of the seismic data to be returned from the SEIS experiment (Lognonné et al., 2012) on InSight will
rely on more “classical” global seismology techniques in the form of traveltime tables for various seismic
phases, surface wave dispersion, receiver functions, normal modes, and waveforms (e.g., Okal & Anderson,
1978; Panning et al., 2016; Zheng et al., 2015). These data will shed light on the interior physical structure
of crust, mantle, and core, including velocity gradients and dicontinuities associated with mineral phase
transitions and/or chemical boundaries. Moreover, the data will help constrain Martian seismicity and tectonism and, not least, meteorite impact rates (e.g., Golombek et al., 1992; Knapmeyer et al., 2006; Teanby &
Wookey, 2011).
2. On a par with the importance of acquiring seismic data, measuring heat flow with the heat flow probe
(HP3 ) onboard InSight (Spohn et al., 2014) cannot be overestimated, because it will allow for an independent means of distinguishing between the various bulk compositional models. Specifically, by combining
the heat flow measurement with numerical estimates of the Urey ratio (e.g., Plesa et al., 2015), it will be
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possible to constrain the heat production rate and thus bulk abundance of heat-producing elements in the
interior of Mars. Comparison of the latter with the proposed compositional models for Mars provides the
necessary tool.
3. In the context of improving estimates of core structure, the RISE (Rotation and Interior Structure
Experiment) instrument on board InSight will prove important (e.g., Folkner et al., 2012; van Hoolst et al.,
2012). Through precise radio tracking of the landed spacecraft, RISE will be able to measure the precession
rate and through it allow for a more accurate estimation of the polar moment of inertia In particular, for a
fluid Martian core, the nutation of the spin axis can be resonantly amplified and allow for an independent
estimation of the polar moment of inertia of the core. From precise estimation of the period of the free
core nutation, the moment of inertia of the core can be estimated. These parameters are crucially sensitive
to core size, shape, and state. RISE observations over a Martian year should enable a clear detection of the
nutation signature and thus core parameters.
These data sets, individually and in combination, will prove to be the Rosetta stone for unraveling the
thermochemical structure and evolution of Mars.

Appendix A: Thermoelastic Properties of the Core
The thermoelastic properties of the liquid core alloy as a function of pressure (P) and temperature (T ) are
calculated following Dumberry and Rivoldini (2015), with the exception of equation (A12), and are contained
here for completeness. In this approach, it is assumed that the properties of the alloy can be calculated from
the thermoelastic properties of liquid Fe and liquid Fe-10 wt% S (hereafter referred to as Fe and FeS10 ) and
that both components mix ideally. Based on this, the molar volume V of the solution is given by
2
∑

V=

(A1)

𝜒i Vi ,

i=1

where 𝜒1 = 1 − 𝜒2 is the molar fraction of Fe and 𝜒2 the molar fraction of FeS10 . The molar concentration of
sulfur in FeS10 is related to the weight fraction of sulfur in the solution, XS , by
𝜒2 =

XS
MFe
,
𝜒S MS (1 − XS ) + MFe XS

(A2)

10

where MFe = 55.845 g/mol and MS = 32.065 g/mol are the molar masses of iron and sulfur, respectively, and
𝜒S = 0.162137 is the atomic fraction of sulfur in FeS10 .
10

The thermal expansivity 𝛼 , isothermal bulk modulus KT , and pressure derivative KT ′ of the solution can be
derived from equation (A1) through the application of standard thermodynamic relations
𝛼V=

2
∑
i=1

2

∑ Vi
V
=
𝜒i
,
KT
KT,i
i=1

(A3)

𝜒i 𝛼i Vi ,

KT′ = −1 +

2
KT2 ∑

V

i=1

𝜒i

Vi
′
(1 + KT,i
).
KT,i

(A4)

In order to compute the isentropic temperature gradient in the core (equation (17)), the adiabatic bulk modulus KS and the Grüneisen parameter 𝛾 are also required. KS is related to the isothermal bulk modulus KT by
the following relation (e.g., Poirier, 2000):
KS = KT (1 + 𝛼𝛾T) .

(A5)

To compute 𝛾 , we rely on the formulation of Vashchenko and Zubarev (e.g., Poirier, 2000):
𝛾=

1 ′
K
2 T

5
+ 29 P K −1
T
6
.
− 43 PKT −1

−

1

(A6)

To compute thermoelastic properties for each component at P and T , we first perform an isothermal compression from the reference conditions (P0 , T0 ) to (P, T0 ), followed by isobaric heating to (P, T ). For the isothermal
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Table A1
Equation of State Parameters for Core Components
Components

T0 (K)

V (cm3 /mol)

𝛼 (10−5 K−1 )

KT (GPa)

KT′

𝛿T

q

Fe

1811

7.96

9.2

85.3

5.9

5.9

1.4

Fe—10 wt% S

1923

9.45

10.0

63.0

4.8

4.8a

1.4b

Note. Fe (Anderson & Ahrens, 1994) and Fe-10 wt% S (Balog et al., 2003). The thermal expansivity of Fe-10 wt% S is
calculated from the volume and thermal expansivity of FeS (Kaiura & Toguri, 1979) at 1923K (V = 12.603 cm3 ∕mol,
𝛼 = 16.5 × 10−5 K−1 ) by applying equations (A1) and (A3).
a Since 𝛿 is not available for Fe and Fe-10 wt% S, we made use of the following approximate relation (e.g., Poirier, 2000):
T
𝛿T ≈ KT′ . b Taken from Helﬀrich (2012).

compression at T0 , we employ a third-order finite strain Birch-Murnaghan equation of state (Stixrude &
Lithgow-Bertelloni, 2005a)
) ]
[
(
5
3
′
P = −3𝜀(1 − 2𝜀) 2 KT,0 − KT,0 KT,0
−4 𝜀 ,
(A7)
2

where 𝜀 =

1
2

(

)
) ]
[
(
(
5
27
′
′
KT,0 KT,0
KT = (1 − 2𝜀) 2 KT,0 − KT,0 3KT,0
−5 𝜀+
− 4 𝜀2 ,
2

(A8)

[ ′
]
143
′
2
′
KT′ = KT,0
+ 3KT,0
− 21KT,0
+
𝜀,
3

(A9)

)
2

1 − 𝛽− 3

is the Eulerian strain, 𝛽 = V(P)∕V0 , volume, isothermal bulk modulus, and pressure

′
derivative at (P, T0 ) are denoted by V(P), KT (P), and KT,0
(P), respectively, and zero-subscripted quantities are
evaluated at reference conditions.

Volume at (P, T ) is obtained from the definition of the thermal expansivity (e.g., Poirier, 2000):
[
]
V(P, T) = V(P) exp 𝛼(P)(T − T0 ) .

(A10)

The expression for 𝛼(P) follows from the definition of the Anderson-Grüneisen parameter 𝛿T (e.g., Poirier, 2000)
]
[
)
𝛿T (
q
,
1−𝛽
𝛼(P) = 𝛼0 exp −
(A11)
q
where q is a material-dependent parameter. The temperature dependence of the isothermal bulk modulus KT
at pressure P can be derived from equations (A10) and (A11)
KT (P,T) =

KT (P)
.
1 + (T-T0 )𝛼(P)𝛿T 𝛽 q

(A12)

Finally, we assume that KT′ (P) is independent of temperature. The relevant material properties for the
equations of state for Fe and FeS10 are summarized in Table A1.

Appendix B: Geodynamical Simulations
Thermochemical compressible convection is studied using the code StagYY in a 2-D spherical annulus geometry (Hernlund & Tackley, 2008; Tackley, 2008). The equations of momentum, mass, and energy conservation
are solved using a parallel direct solver (MUMPS) available in the PETSc package (Amestoy et al., 2000). We use
the finite diﬀerence approximation on a staggered grid (Harlow & Welch, 1965) with a radially varying resolution (higher in the top and bottom boundary layers). The domain is discretized by 64 × 512 cells. Free slip
boundary conditions are imposed on all domain boundaries. The surface temperature is fixed to 220 K, and
the initial core temperature is 2500 K.
Lagrangian markers are advected through the mesh using second-order divergence-free spatial interpolation
of the velocities and a fourth-order Runge-Kutta scheme. Each tracer carries several quantities such as composition, temperature, grain size, and radiogenic heating rate, among others. Numerical diﬀusion related to
advection is limited by the use of tracers. Our petrological model considers solid and molten rocks as being
a linear combination of basalt-eclogite (crustal material) and harzburgite (depleted mantle). The primordial
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Figure B1. Present-day lithosphere thickness, lithosphere-asthnosphere boundary temperature, crustal thickness,
internal viscosity (at 1,000 km depth), internal grain size, and surface heat flux after 4.5 Gyr of evolution, scaled using the
approach described in section 6.2.

mantle starts with an initial petrological composition of 15% basalt (100% pyroxene-garnet) and 85% harzburgite (a mixture of 55% olivine and 45% pyroxene-garnet). For numerical eﬃciency the composition is stored
and transported on tracers, while the evolution of the melt fraction is computed on the mesh field (which
generates new molten tracers in each corresponding cell). A composition field is computed at cell centers
by averaging of the tracers within the cell. The melt fraction is computed at every time step comparing the
pressure-temperature conditions to a composition-dependent solidus function, considering a latent heat of
600 kJ/kg. In case melting occurs at less than ∼600 km depth, molten tracers of fully basaltic composition
are transported either to the top of the domain (eruption) or to the bottom of the crust (intrusion). The temperature of all erupted tracers is set to surface temperature, which tends to form a cold lithosphere. The
temperature of intruded tracers (at the bottom of the crust) takes only adiabatic decompression into account,
which tends to produce a warm lithosphere. The column of material between the melt source region and
the intrusion or eruption location is moved downward to conserve mass. The solid residue left behind by
the eruption-intrusion procedure is more harzburgitic than the initial solid. For more details regarding implementation the reader is referred to Nakagawa and Tackley (2004, 2012). The density in each cell is computed
as the sum of pressure and thermal and compositional components, including solid-solid phase transitions.
Olivine and pyroxene-garnet phases are treated separately, which enables accounting for the density increase
associated with the basalt-eclogite phase transition.
Plastic yielding in the lithosphere is computed using a depth-dependent yield stress 𝜏y following Byerlee’s law
(Byerlee, 1978):
𝜏y = f ⋅ P,

(B1)

where P is pressure and f is a friction coeﬃcient (we chose f = 0.35 in the simulations here). The eﬀective
viscosity is computed from
)
(
) 𝜏y
(
,
𝜂eﬀ = min 𝜂 P, T, dgrain ,
(B2)
2𝜀̇
where 𝜀̇ is the second invariant of the strain rate tensor. In the present study, viscosity depends neither on
melt fraction nor on composition.
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As we solve for compressible convection, adiabatic temperature, thermal conductivity, density, thermal
expansivity, and heat capacity are all pressure dependent. We use a third-order Birch-Murnaghan equation
of state which relates bulk modulus to pressure (see Tackley et al., 2013, for details). With each mineral phase
is associated individual phase transition depths and physical properties so that solid olivine and pyroxenegarnet densities, for example, smoothly increase with depth but also contain discontinuities at the phase
transitions (Rozel et al., 2017). Finally, melt density increases smoothly with pressure.
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